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Die vorliegende Doktorarbeit wurde im Rahmen eines Teilprojektes des europa¨ischen Projektes
CARBOOCEAN sowie des deutschen DFG Projektes ’Tracers in the tropical Atlantic’ angefer-
tigt. Ziel des CARBOOCEAN-Teilprojektes ’Carbon uptake and release at European regional
scale’ war die Erstellung eines geschlossenen Kohlenstoffbudgets fu¨r die Region West-Europa,
wobei das Mittelmeer (zusammen mit der Nordsee) die Hauptrolle im marinen Teil spielt. Das
’Tracer’ Projekt hatte zum Ziel, die Lu¨cke an Tracermessungen im tropischen Atlantik zu fu¨llen
und den gespeicherten anthropogenen Kohlenstoff in den Auftriebsgebieten des tropischen At-
lantik abzuscha¨tzen. Zusa¨tzlich dienen die Tracermessungen als Basis fu¨r Folgeuntersuchungen
in dem Gebiet.
Anhand von Alkalinita¨tsmessungen und Messungen von gelo¨sten inorganischen Kohlenstoff
wurden Besonderheiten im Karbonatsystem des Mittelmeers erkla¨rt. Es wurde gezeigt, dass
die stark erho¨hten Alkalinita¨tswerte nicht nur das Ergebnis von Verdunstungsprozessen im
Becken sind, sondern dass auch Eintra¨ge durch Flu¨sse und durch das Schwarze Meer einen
großen Teil beitragen. Durch Tiefenwasserbildung wird in bestimmten Regionen die erho¨hte
Alkalinita¨t ins Beckeninnere transportiert und verla¨sst das Mittelmeer durch die Straße von
Gibraltar. Auch gelo¨ster inorganischer Kohlenstoff wird mit ja¨hrlich 38 TgC in den Atlantik
exportiert. Mittels der ’transit time distribution’ Methode und des Tracer Dichlordifluormethan
wurden die anthropogenen Kohlenstoffkonzentrationen ermittelt. Dabei zeigte sich, dass die
gesamte Wassersa¨ule des Mittelmeers von menschlichen Einflu¨ssen gepra¨gt, und der Gehalt an
anthropogenem Kohlenstoff u¨berraschend hoch ist. Ein Sa¨uleninventar von bis zu 154 molm−2
u¨bersteigt die ho¨chsten Werte im Nordatlantik. Das Gesamtinventar ist 3.5 mal gro¨ßer als
das globale Mittel. Im Gegensatz zu dem Export von gelo¨stem inorganischem Kohlenstoff,
wird anthropogener Kohlenstoff durch die Straße von Gibraltar ins Mittelmeer eingebracht.
Abschließend wurde postuliert, dass hohe Alkalinita¨t im Oberfla¨chenwasser in Kombination
mit Tiefenwasserbildung verantwortlich fu¨r den erho¨hten anthropogenen Kohlenstoffgehalt im
Mittelmeer ist.
Mehrere Forschungsfahrten in den tropischen Atlantik zwischen 2006 und 2009 erbrachten
fa¨chendeckende Tracermessungen, die auch fu¨r zuku¨nftige Forschungsarbeiten eine gute Grund-
lage darstellen. Eine wichtige Annahme in der Berechnung von anthropogenem Kohlenstoff mit
dem ’transit time distribution’ Ansatz ist die Sta¨rke von Mischungsprozessen. In der ’transit
time distribution’ Methode wird diese Annahme durch den zentralen Parameter ∆/Γ widerge-
spiegelt. Anhand der zwei gemessenen Tracer Dichlordifluormethan und Schwefelhexafluorid
konnte das ∆/Γ Verha¨ltnis fu¨r die oberen 1500 m des tropischen Atlantik bestimmt werden. Die
Gesamtauswertung aller wa¨hrend der Forschungsfahrten gemessenen Tracerdaten ergab, dass
das Alter der Wassermassen vom A¨quator in Richtung Norden ansteigt und dass sich im Guinea
Dome das a¨lteste Wasser der Region befindet. Verglichen mit dem Gebiet no¨rdlich von 5◦N
weist das a¨quatoriale Band zwischen 5◦S and 5◦N erho¨hte anthropogene Kohlenstoffkonzentra-
tionen auf. Das Gesamtinventar an anthropogenem Kohlenstoff ist am A¨quator um etwa 35%
gro¨ßer, als in dem Gebiet gleicher Gro¨ße no¨rdlich davon. Als Ursache dafu¨r wird der Einfluss
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von ju¨ngeren Wassermassen in der Tiefe, die im Zusammenhang mit den a¨quatorialen zonalen
Stro¨mungsverha¨ltnissen stehen, angenommen. Daru¨ber hinaus konnte aus einem Vergleich von
Tracerdaten aus dem selben Gebiet im Jahr 1999 mit den vorliegenden Messungen ein Wert fu¨r




This PhD thesis was part of a subproject of the European project CARBOOCEAN, as well as
of the German DFG project ’Tracers in the tropical Atlantic’. The aim of the CARBOOCEAN
subproject titled ’Carbon uptake and release at European regional scale’ was the assessment of
a closed carbon budget for Western Europe, for which the Mediterranean Sea (together with
the North Sea) plays the major role in the marine compartment. The ’Tracer’ project aimed
at filling the gap of transient tracer data in the tropical Atlantic and at constraining the ocean
sequestration of anthropogenic CO2 in the upwelling regions of the tropical Atlantic. Further,
the established tracer fields will serve as baseline for future studies.
Measurements of total alkalinity and dissolved inorganic carbon in the Mediterranean Sea
were used to explain anomalies in the carbonate system of the basin. It was shown that
the strongly elevated alkalinities are not only the result of concentration processes but also
of enhanced inputs by rivers and the Black Sea. Through deep water formation these high
alkalinities are transfered into the basin’s interior and flow out into the Atlantic Ocean via the
Strait of Gibraltar. Dissolved inorganic carbon is also exported to the Atlantic Ocean with a net
flux of 38 TgCyr−1. Using the transit time distribution method and the transient tracer CFC-
12, the anthropogenic carbon concentrations in the Mediterranean Sea were estimated. The
results show influence of human emissions in the entire water column and reveal surprisingly
high anthropogenic carbon inventories. Column inventories with a maximum of 154 molm−2
exceeded highest column inventories in the North Atlantic and the total inventory is higher by
a factor of 3.5 than the global mean. In contrast to the export of dissolved inorganic carbon,
a net anthropogenic CO2 import into the Mediterranean Sea through the Strait of Gibraltar
of 3.5 TgCyr−1 exists. It was hypothesized that high alkalinities in surface waters combined
with the existence of deep water formation areas are responsible for the elevated content of
anthropogenic carbon in the Mediterranean Sea.
Several cruises from 2006 to 2009 to the tropical Atlantic Ocean yielded in a good coverage
of transient tracer measurements (CFC-12 and SF6) in the area and provide an excellent basis
for future work. One crucial assumption to estimate anthropogenic carbon with the transit
time distribution approach is the degree of water mass mixing, expressed in the ∆/Γ ratio as
a central parameter of the transit time distribution method. With the help of the two tracers
CFC-12 and SF6, this value could be constrained for the upper 1500 m of the tropical Atlantic.
The analysis of all tracer measurements obtained during the cruises revealed that water ages
increase when moving north from the equator and the Guinea Dome was identified as an area
with the oldest water masses in the area. Compared to the region north of 5◦N, the equatorial
belt (5◦S - 5◦N) showed elevated anthropogenic CO2 concentrations. The total anthropogenic
carbon inventory was about 35% higher at the equator than in an area of the same size north
of it. This was in part attributed to the contribution of younger waters at depth, associated
with with the strong zonal equatorial currents. Further, a comparison with data tracer data





1.1 Carbon dioxide (CO2)
1.1.1 CO2 in the atmosphere
Although the atmosphere is the smallest carbon reservoir in the earth system it is important for
the earth’s heat budget, because CO2 is such a strong greenhouse gas. The natural greenhouse
effect describes the transformation of incoming solar energy into heat. The incoming shortwave
solar radiation is absorbed by the earth’s surface and emitted as longwave radiation. In the
atmosphere this longwave radiation is absorbed by the greenhouse gases (mainly water, but also
CO2), transformed into kinetic energy and re-emitted or dissipated as thermal energy. Without
this effect mean earth temperatures would be far below 0◦C. In steady state the energy budget
is balanced, which means that incoming radiation equals the outgoing radiation. With a change
in greenhouse gases, like an increase in CO2, more radiation is absorbed and thus the incoming
energy exceeds its loss to outer space. As a consequence the temperatures rise until the balance
is redressed.
Figure 1.1: Monthly mean atmospheric carbon dioxide at Mauna Loa Observatory, Hawaii.
[Tans, 2011].
Since 1958 atmospheric CO2 concentrations have been measured accurately at the Mauna
Loa Observatory in Hawaii (Fig. 1.1). These data constitute the longest record of direct CO2
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measurements in the atmosphere. They show a seasonal cycle, where in summer concentrations
are lower due to increased plant uptake and in winter, when plant production declines but
animals and microbes continue to respire, the concentrations are higher. Despite the seasonal
oscillation a long-term increase in atmospheric CO2 levels is evident. Responsible for these
rising concentrations are additional man-made emissions through, mainly, fossil fuel burning
as well as changes in land use pattern, primarily deforestation. With the help of air trapped
in ice cores, the atmospheric record of CO2 concentrations can be extended several hundred
thousand years into the past [Barnola et al., 1987; Etheridge et al., 1996]. Glacial and inter-
glacial cycles with CO2 variations between 180 to 300 ppm were discovered in the past 400.000
years [Petit et al., 1999] and the pCO2 increase over the last 100 years from a pre-industrial
level of 280 ppm to about 390 ppm today stays exceptional. Such high values had even not
occurred in the atmosphere since 23 million years [Pearson and Palmer , 2000]. However, the
atmospheric growth has been smaller than estimates of the overall man-made CO2 emissions,
which suggests that the ocean and the terrestrial biosphere have taken up part of the additional
CO2.
1.1.2 CO2 in the ocean
Carbon enters the ocean through gas exchange via the air-sea interface, through river inputs,
aeolian deposition and hydrothermal emissions. Carbon sinks are sedimentation and emissions
back to the atmosphere. The predominant pool of carbon in the ocean is in the form of inorganic
carbon. The inorganic carbon species carbonate and bicarbonate are the principal substances
that account for the alkalinity in seawater (see section 1.2.2). CO2 can be consumed during
photosynthesis and therewith transfered to the much smaller organic carbon pool. During the
oxidative destruction of organic matter CO2 is again released back into the water. In the water
column a rapid increase with depth of dissolved inorganic carbon and pCO2 to around 1000 m
can be observed because most of the destruction of organic material takes place here. Below
the maximum, CT and pCO2 decrease with depth or stay rather constant. Their behavior at
depth is influenced by mixing of water masses of different origin, by carbonate dissolution (at a
certain depth ocean water gets undersaturated with respect to carbonates and these dissolve)
and by ’rest-respiration’ (a small amount of organic matter is not remineralized in the upper
1000 m and continues sinking through the water column where further respiration by bacteria
takes place). The processes that lead to the transfer of carbon from the surface zone to the
oceans interior are named the ’physical pump’ and the ’biological pump’ and are described in
the following.
Two principal factors govern the ocean’s capacity to hold CO2:
1) The driving force for ocean-atmosphere CO2 exchange is the difference between the pCO2
in surface water and the overlying air. When seawater is supersaturated with respect to CO2,
it tends to escape into the air and when the water is undersaturated, CO2 uptake can occur.
Combined with the thermohaline circulation this process is often referred to as the ’physical
pump’ (or ’solubility pump’). Two factors, in particular, influence the pCO2 in surface water.
These are temperature and biological production. In warm water CO2 is less soluble then in
cold water and during phytoplankton blooms the utilization of CO2 for photosynthesis leads to
a drawdown of the gas into the water. The deep water formation in cold high-latitude waters
effectively removes the CO2 from the shallow surface layer and stores it in the larger reservoir
of the deep ocean. Upwelling in contrast brings water with high CO2 concentrations to the
surface layer and leads to increased pCO2.
2) The ’biological pump’ also removes carbon out of the mixed layer through sinking particles
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but due to opposing effects on the atmospheric CO2 it is separated into the ’organic carbon
pump’ and the ’alkalinity pump’. The biological production of organic matter in the surface
ocean removes CO2 from the atmosphere. In the deep water column the organic matter can
either be remineralized by bacteria and therewith removed from interactions with the atmo-
sphere for timescales of up to several hundred years, or the particles survive the water column
and become buried in the sediment, which removes the carbon over much longer timescales.
The biological formation of carbonates in the surface ocean on the other hand releases CO2
to the atmosphere (Ca2+ + 2HCO –3 → CaCO3 + CO2 + H2O) and decreases the alkalinity.
On their way to the seafloor these carbonates can dissolve when surrounding waters are un-
dersaturated with respect to e.g. CaCO3 (see section 1.2), which leads to alkalinity increase,
or otherwise they also become buried in the sediments. The two pumps are driven by the
biological production of organic and particulate inorganic carbon in surface waters. The rate of
biological productivity and the ratio between organic and inorganic carbon production depends
on the availability of light and nutrients and on the mixed layer depth, the grazing pressure
and the composition of the community. Phytoplankton with hard shells, like diatoms or coccol-
ithophorids, are better protected against microbial attack and sink faster due to their ballast
and therefore more likely reach the sediments.
1.1.3 CO2 flux
The disequilibrium of the pCO2 between atmosphere and surface water drives the flux of CO2
across the air-sea interface. Sources and sinks change regionally and seasonally and over longer
timescales. Regions of outgassing are located where upwelling brings cold and CO2-enriched
waters back to the surface at low latitudes. Generally warm equatorial waters are a source of
CO2. Regions of uptake are the cold high-latitude waters, where deep or intermediate water
formation takes place, such as the North Atlantic. When atmospheric concentrations increase,
the dissolved CO2 in the ocean will also tend to increase to re-establish equilibrium. During
the last decades a reasonable amount of data have become available to identify the source
and sink characteristics of global surface ocean waters. The rapid accumulation of CO2 in the
atmosphere by human activity has led to an increased air to sea flux and increased surface pCO2
in the oceans. Takahashi et al. [2009] summarized about 3 million pCO2 measurements over
the global oceans from 1970 - 2006 and constructed a climatological mean distribution for the
surface water pCO2. They estimated a mean pCO2 increase in surface water of 1, 5 µatmyr−1
and a total ocean uptake of 2(±1) PgCyr−1, taking into account an estimated preindustrial
steady-state source of 0.4 PgCyr−1. This total uptake includes the anthropogenic CO2 flux,
which is the net change of natural oceanic CO2 sources and sinks due to the man-made carbon
dioxide increase in the atmosphere.
The anthropogenic CO2 flux, however, has a very different distribution. The uptake mainly
takes place in poorly ventilated water that is exposed to the modern atmosphere. Water
in upwelling regions, such as the tropics, generally has a high pCO2, due to respiration and is
therewith a source of CO2 to the atmosphere. But when such water is exposed to an atmosphere
with elevated atmospheric CO2 content, the outgassing is reduced over its preindustrial amount.
This means, that more CO2 stays dissolved in the ocean and, effectively, ’anthropogenic’ CO2
has been taken up. A second important factor for the uptake of anthropogenic CO2 by the
ocean, is the Revelle factor or buffer factor [Revelle and Suess, 1957]. A low Revelle factor
implies, that for a given change in atmospheric CO2, the anthropogenic CO2 concentration in
equilibrated surface water will be higher then in waters with a high Revelle factor. It is inversely
proportional to the temperature, thus the ability to take up anthropogenic CO2 is higher in
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warm waters. This is a direct response of the carbonate system to changing temperatures, since
the buffer capacity decreases (fewer carbonate ions) with decreasing temperatures. The present
day distribution of the Revelle factor is shown in figure 1.2 [Sabine et al., 2004]. Highest values
are found in the high latitudes and a minimum is obvious in the tropics and subtropics.
Figure 1.2: Map of the 1994 distribution of Revelle factor, averaged for the upper 50 m of the
water column [Sabine et al., 2004].
1.2 The carbonate system
The marine carbonate system is the primary buffer for acidity in the ocean and plays a key
role in controlling the partial pressure of carbon dioxide (pCO2) in the atmosphere. The
four measurable parameters involved in the carbonate system are pH (-log [H+]), pCO2, total
dissolved inorganic carbon (CT) and total alkalinity (AT). Any two of these can be used
together with temperature (T ) and pressure (P ) and the dissociation constants of carbonic
acid to calculate the remaining ones, as the different species are closely linked [Pilson, 1998].
Carbon dioxide (CO2) in the atmosphere equilibrates with ocean surface waters via the air-sea
interface. It reacts with water molecules to form bicarbonate and carbonate ions. CO2 in the
water column is consumed during photosynthesis and released during the oxidative destruction
of organic matter. Calcium carbonate (CaCO3) is a major sink for dissolved carbon in the
long-term global carbon cycle. The release of CO2 during remineralization at depth decreases
the pH and makes the water more corrosive to CaCO3. The dissolution of calcium carbonate
in turn increases the alkalinity.
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1.2.1 Carbon species
The ocean has a very large capacity to absorb atmospheric CO2 and therewith mitigates the
effect of increasing CO2 concentrations in the atmosphere due to anthropogenic emissions. CO2
from the atmosphere dissolves in ocean surface water. In equilibrium the atmospheric pCO2 is
related to the CO2 in solution, CO2(aq), via the Henry’s law coefficient, KH:
[CO2] = KH · pCO2. (1.1)
Figure 1.3: The relative proportions of the dominant species of the carbonate system at
T = 25◦C and S=35: Bjerrum plot (named after B. Bjerrum who invented the graphical rep-
resentation of equilibrium relationships in 1914) [Zeebe and Wolf-Gladrow , 2001]. pK∗1 (pK∗2 )
is the negative common logarithm of the first (second) dissociation constant of carbonic acid.
CO2(aq) reacts with the water molecules and CO2 –3 to form carbonic acid (H2CO3) and then
quickly dissociates to bicarbonate (HCO –3 ) and carbonate (CO
2 –
3 ) (Eqn. 1.2, 1.3 and 1.4). The
different carbon species in seawater react reversible and are in chemical equilibrium on time
scales of minutes. The equilibria are temperature, pressure and salinity (S) dependent and are
described by apparent equilibrium constants, K ′. These have been determined experimentally
in seawater as a function of temperature, salinity and pressure.























where K ′2 indicates the second dissociation constant of carbonic acid. Only a minor part of
the dissolved inorganic carbon exists as H2CO3 and because CO2(aq) and H2CO3 are difficult
to distinguish analytically, they are combined to:
H2CO
∗
3 = CO2(aq) + H2CO3. (1.5)










where K ′1 is the first dissociation constant of carbonic acid. The total concentration of





3 ] + [CO
2−
3 ]. (1.7)
In figure 1.3 the variation of the carbonate species concentrations is shown as a function of pH.
In seawater, with a typical pH range of 7.8 - 8.4, the dominant species of the CT is bicarbonate,
followed by carbonate. Least abundant is H2CO
∗
3, which makes up less than 1% of the total
dissolved carbon. The system tends to change the relative proportions of the different species
in order to keep the pH constant. However, dissolution of additional CO2 from the atmosphere
leads to acidification and to a shift of the carbon species to more H2CO
∗
3 and less carbonate,
whereas bicarbonate increases most strongly. The result is that the buffer capacity of seawater
decreases, which means that the Revelle factor increases.
1.2.2 Alkalinity
The alkalinity refers to the ability of substances in seawater to react with hydrogen ions during
titration with a strong acid. The main source of alkalinity for the ocean is the input by rivers.
The main sink is sedimentation of carbonates. Substances that make up >99% of the alkalinity




4 (tetrahydroxyborate). Total alkalinity is defined
as [Dickson, 1981]:
AT = 2[CO2−3 ] + [HCO
−
3 ] + [B(OH)
−
4 ] + [OH
−] + [HPO2−4 ] + 2[PO
3−
4 ]
+[SiO(OH)−3 ] + [NH3] + · · · − [H+]− [H3PO4].
(1.8)
The portion of the total alkalinity that is contributed by inorganic carbon species is denoted
as the carbonate alkalinity. Usually it accounts for ˜96% of the total alkalinity and thus the
most important components of the total alkalinity are CO2 –3 and HCO
–
3 . Only in deep waters
nutrients contribute significantly to the total alkalinity.
In figure 1.4 the mean depth profiles of AT compiled from the GLODAP dataset (Global
Ocean Data Analysis Project) [Key et al., 2004] are displayed for the major ocean basins. A
gradual increase with depth is evident in all profiles, which is mainly attributable to carbonate
dissolution. The formation and dissolution of calcium carbonate and to a smaller degree also
the uptake and release of nitrate and phosphate through organisms contribute to the non-
conservative behavior of alkalinity [Wolf-Gladrow et al., 2007]. However, a linear relationship
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with salinity is often found in surface waters of smaller regions or subbasins, where primarily
dilution and evaporation processes control alkalinity and no considerable primary production
takes place.
the Southern Ocean surface and intermediate waters. CFC
undersaturation in Southern Ocean surface waters has
implications for the anthropogenic CO2 calculation.
[60] 10. At 400–1000 m CFC partial pressures (and
concentrations) are significantly lower in the Pacific than
in the other oceans, implying a longer average ventilation
time for the Pacific at these depths. The same pattern is
seen for anthropogenic CO2. At these depths bomb
14C is
lowest in the Pacific, but only marginally. One possible
interpretation is that carbonate dissolution has a more
significant influence on the radiocarbon depth distribution
in the Pacific than elsewhere, but this has not been
investigated yet.
[61] 11. All of the anthropogenic parameters show a
finite mean value at 1600 m in the Atlantic that is due
primarily to tracer incorporation into North Atlantic Deep
Water. The data distribution is such that the various param-
eter maps do a poor job of capturing the deep western
boundary currents, particularly in the North Atlantic.
[62] 12. The surface bomb radiocarbon is significantly
lower in the Southern Ocean than the other oceans. This is
because Southern Ocean waters do not remain at the surface
long enough to attain equilibrium [Toggweiler and Samuels,
1993] and/or the flux into the Southern Ocean is diluted by
deep mixed layers.
[63] 13. In the Atlantic and Pacific Oceans the bomb
radiocarbon maximum is clearly subsurface (seeKey
[2001] for a brief discussion).
5.2. Inventories
[64] Global inventories were calculated for DIC, TA,
CFC-11, CFC-12, anthropogenic CO2, bomb radiocarbon,
Figure 6. Average profiles with the data segregated by ocean. See text for discussion and data limits
used. The averages are volume weighted and calculated from the gridded results. The bottom right panel
shows the local wintertime outcrop of the 17C isotherm, which was used as the boundary between the
Southern Ocean and the other ocean basins.
















Figure 1.4: Average profiles of total alkalinity with the data from the Global Ocean Data
Analysis Project (GLODAP) segregated by ocean [Key et al., 2004].
1.2.3 Calcium carbonate
A result of biological activity in the surface ocean is the formation of calcareous shells that sink
through the water column. This can be described chemically as:
Ca2+(aq) + CO2−3 (aq)⇀↽ CaCO3(s) K
′
sp = [Ca
2+] · [CO2−3 ] (1.9)
The formation of solid calcium carbonate (by the consumption of carbonate ions) leads to a
decrease in dissolved inorganic carbon and in alkalinity. As shown in equation 1.8, the effect on
the alkalinity is twice as high as on the dissolved inorganic carbon. Calcium carbonate usually
precipitates as one of 2 forms: aragonite or calcite, which have different solubility constants,
K ′sp. Aragonite is more soluble and therefore less abundant in deep sea sediments than calcite.






where [Ca2+] is the concentration of calcium ions, [CO2 –3 ] the concentration of the carbonate
ion and K ′sp is the apparent solubility constant of either aragonite or calcite. The calcium con-
centration is usually assumed to be proportional to salinity. An Ω > 1 means supersaturation
and Ω < 1 means undersaturation and thus dissolution of CaCO3. The upper ocean is super-
saturated with respect to both forms of CaCO3, but inorganic precipitation does not generally
occur. The saturation horizon Ω = 1 is the depth below which water becomes undersaturated
for CaCO3 and the ’lysocline’ marks the depth below which carbonates decrease rapidly in the
sediments. The main reason for this is that with increasing pressure and decreasing tempera-
ture at depth the solubility of CaCO3 in the water column increases. The increasing pressure
has also an effect on the dissociation constants of carbonic acid and causes a decrease in pH
and thus a decrease of CO2 –3 concentration. Respiration of organic matter further decreases
the pH and CO2 –3 concentration at depth, and the combined effects lead to the dissolution of
CaCO3. For example the saturation depth of calcite in the North Atlantic is >4000 m and in
the North Pacific it is <1000 m [Doney et al., 2009].
1.3 Tracers in the ocean
Many processes in the ocean cannot be directly quantified. Either analytical methods do not
exist or are not sensitive enough to measure specific parameters, or direct measurements are
inadequate because regional and temporal variability, in which the processes occur, cannot be
addressed. Mixing and transport of water masses, biogeochemical processes or the uptake of
anthropogenic CO2 are some examples. So called ’tracers’ can give insights into such pro-
cesses and help to quantify them. Common tracers used in the ocean are temperature, salinity,
dissolved oxygen, artificial and natural radionuclides, isotopes and man-made substances like
the chlorofluorocarbons (CFCs) and sulfur hexafluoride (SF6). Conservative tracers have no
sources or sinks in the ocean (T , S, CFCs, SF6) and are distinguished from the non-conservative
tracers that are involved in biogeochemical cycles (O2) or are subject to radioactive decay (ra-
dionuclides). Depending on the choice of tracers different signals in the ocean can be identified
resulting from mixing and transport and from biogeochemical processes. For example, on the
basis of natural radiocarbon measurements the residence time of water in the deep sea has
been estimated to be ˜1000 years and oxygen isotopes in carbonates were used to identify past
climate conditions [Chester , 2003].
Anthropogenic carbon (Cant) cannot be directly measured. In the atmosphere the anthro-
pogenic fraction can be determined by subtracting the known preindustrial CO2 value from the
total measured CO2 concentration. To quantify the Cant inventory of the ocean, one option is
to use gaseous tracers like dichlorodifluoromethane (CFC-12) and SF6. CFC-12 has no natural
sources. It has been first synthesized in 1928 and used as aerosol spray propellant and refrig-
erant since then. Concentration in the atmosphere started to increase exponentially. In the
stratosphere CFC-12 depletes the ozone layer and after the discovery of the ozone whole in the
mid 1980s, its usage has been regulated. In the year 1989 several countries signed the Montreal
Protocol to stop the production of CFC-12 and consequently concentrations in the atmosphere
increased with a slower rate and now started to decrease (Fig. 1.5). SF6 neither has natural
sources. It has been produced since the 1950s and is used mainly in the electricity sector as
gaseous insulator and in the magnesium industry to prevent oxidation of molten magnesium.
SF6 has an extremely high global warming potential (GWP) of 22.800 over a time scale of 100
years [Forster et al., 2007]. The GWP describes the contribution of a given mass of greenhouse
gas to global warming over a specific time interval relative to the same mass of CO2, which by
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Figure 1.5: CFC-12 and SF6 mixing ratios in the northern hemisphere. Data are taken from
Bullister [2010]
convention has a GWP of 1. However, the overall contribution to global warming is rather low
as the mixing ratio of SF6 is only about 7 ppt in the year 2010 compared to a mixing ratio of
390 ppm for CO2. Thus no major restrictions for the SF6 production have been released in the
past and atmospheric concentration continue to increase linearly (Fig. 1.5). Like CO2, both
tracers enter the ocean via the air-sea interface in dependency of the atmospheric concentration
and their water solubility. In contrast to CO2, CFC-12 and SF6 are inert in the water column
and can therefore be used to estimate the waters age (see section 1.4.2).
1.4 Methods to estimate anthropogenic carbon (Cant)
1.4.1 Overview
Anthropogenic carbon accounts for only a small fraction of the carbon reservoir in the ocean. By
direct measurements it cannot be distinguished from the vast natural background but several
methods have been developed to determine the ocean’s Cant inventory. The first estimates of
Cant used back-calculation techniques based on measurements of inorganic carbon, developed
independently by Brewer [1978] and Chen and Millero [1979]. This approach did not find
general acceptance [Shiller , 1981; Broecker et al., 1995] but was reintroduced by the concept
of the ’quasi-conservative’ tracer ∆C* Gruber et al. [1996]. Further variations of this approach
and specific regional adjustments have been proposed since then [e.g., Goyet et al., 1999; Perez
et al., 2002; Lo Monaco et al., 2005; Touratier and Goyet , 2004; Touratier et al., 2007] and
have been reviewed by e.g. Wallace [1995] and Friis [2006].
The ∆C* method corrects the measured CT for all changes that have occurred since the
water parcel lost contact with the atmosphere, which results in the preformed carbon (C0T).
The changes are due to biological production and respiration (Cbio) and to calcium carbonate
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dissolution (Ccarb):
C0T = CT − Cbio − Ccarb (1.11)
The biological fraction is assessed via the apparent oxygen utilisation (AOU) because C and
O2 are combined via a constant stoichiometric ratio (RC:O2):
Cbio = RC:O2 · (O2 −Osat2 ) (1.12)
The carbonate dissolution process is assessed via the change in total alkalinity (AT). As
described earlier, total alkalinity is not only affected by the change in carbonate and bicarbonate
ion concentration but also by the change in hydrogen ion concentration (see equation 1.8).
During oxidative decomposition of organic matter, hydrogen ions and nutrients are released
and the change in hydrogen ion concentration is assumed to be proportional to the change in





· (AT −A0T +RN:O2 · (O2 −Osat2 )). (1.13)
The preformed alkalinity (A0T) can be estimated by a (multiple) linear regression with salinity
[Brewer , 1978; Chen and Millero, 1979; Gruber et al., 1996].
Assuming 100% CO2 saturation of surface water, the preindustrial preformed carbon concen-
tration C0/280T can be determined with the preindustrial pCO2 of 280 ppm and the preformed
alkalinity. The anthropogenic fraction of CT can be estimated as:
Cant = CT − C0/280T − Cbio − Ccarb. (1.14)
A alternative method to estimate the excess carbon in the ocean is the ’time-series mul-
tiparameter analysis’ introduced by Wallace [1995]. It is based upon repeat surveys of the
carbon system parameters to determine the change in CT over time, e.g. during the World
Ocean Circulation Experiment (WOCE). Assumptions for this method show some similarities
with those of the back-calculation techniques. The natural relationships between carbon and
the alkalinity, oxygen and nutrient contents are assumed to stay constant, whereas the uptake
of the excess CO2 changes the CT content of seawater in a way, which is assumed to be in-
dependent of these natural correlations. Through multiple linear regressions (MLR) between
CT and predictors such as T , S, O2, AT and nutrients measured on the same water sample,
an empirical predictive equation for CT is established. This equation refers to one survey at
a particular time, which is termed the ’baseline survey’. Applying the predictive equation to
subsequent (or previous) surveys and comparing the residuals of observed minus predicted CT,
should result in an increase of the residuals in case an uptake of anthropogenic CO2 has taken
place. Integration over the residual changes could give an estimate for the inventory change
during the period between the surveys. In order to eliminate the natural variability of CT, Friis
et al. [2005] extended the MLR to the so called extended multiple linear regression (eMLR). The
authors developed two predictive equations for two time-separated surveys and subtracted the
two predictive equations from each other. The residual equation can then be used to estimate
Cant with either of the two datasets.
A further approach uses the 13C/12C isotopic anomaly to quantify the anthropogenic car-
bon inventory [Quay et al., 1992; Ko¨rtzinger et al., 2003]. The CO2 released during fossil fuel
burning has a smaller 13C/12C ratio than the atmosphere. This is due to fractionation during
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photosynthesis as terrestrial plants preferentially fix the lighter carbon isotope 12C. The ex-
tensive use of fossil fuel has lead to an overall decrease of the 13C/12C ratio in the atmosphere,
which in turn is exchanged with the surface ocean. The constructed mass balance for the
anomaly contained terms that presented large uncertainties so that its application is limited.
An almost completely different category of observational methods to estimate Cant is based
on measurements of anthropogenic tracers such as the bomb-derived carbon (14C), CFCs and
SF6. With the help of the atmospheric time histories of these compounds and the analytical
investigation of their concentrations in the ocean, conclusions can be drawn about the water
mass ages and, by inference, the Cant content. It should be mentioned that Friis [2006] showed
that the ∆C* technique is similar to a tracer technique. An extensive description of the transit
time distribution (TTD) method based on CFC-12 and SF6 measurements is given in the next
section 1.4.2.
1.4.2 The transit time distribution method
As described in section 1.3, the tracers CFC-12 and SF6 are supposed to be stable in ocean
waters and thus their concentrations can be converted into ages. This age is the time elapsed
between the year when the water left the mixed layer, which is assumed to be in equilibrium
with the atmosphere mixing ratios, and the year when the subsurface tracer was measured
[Haine and Richards, 1995]. A further assumption for this classical age calculation is the
uniform origin of the sampled water parcel, which does not hold true in reality. The transit
time distribution (TTD) method instead assumes that a water parcel consists of waters with
varying time histories. So instead of a single age, each water parcel has an age or transit
time distribution (Fig. 1.6). The TTD method has been developed for atmospheric transport
by Hall and Plumb [1994] and its application to oceanic transport followed [e.g., Beining and
Roether , 1996; Delhez et al., 1999; Deleersnijder et al., 2001; Haine and Hall , 2002]. It assumes
steady-state water transport.
The shape described by the TTD can be approximated by an ’inverse Gaussian function’











where Γ is the mean transit time (’mean age’) and ∆ defines the width of the TTD. The ∆/Γ
ratio is a measure for mixing. The higher the ratio the stronger the mixing. Knowledge of this
ratio leaves only one remaining free parameter, the mean age Γ. For ocean interior waters a
constant ∆/Γ ratio of 1 has shown to be reasonable [Waugh et al., 2004].
Further, the interior concentration c(r, t) of any tracer at location r and time t can be




c0(t− t′) ·G(r, t′)dt′, (1.16)
where t′ is the integration variable, representing all the apparent ages in the water parcel (from 0
to∞ years). G(r, t′) is the TTD presented in equation 1.15 at location r, giving the appropriate
fraction for each water age t′, and c0(t− t′) is the surface water tracer concentration in the year
t − t′ to be multiplied by this fraction. The surface tracer concentration is assumed to be in
equilibrium with the atmosphere. Given an interior tracer concentration and a ∆/Γ ratio, the
mean age of the water sample can now be constrained with equation 1.15 and 1.16.
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The application of the TTD method to estimate the anthropogenic CO2 of a water parcel
considers Cant as inert passive tracer, that fully equilibrates at the air-sea interface. According
to equation 1.16 each interior Cant concentration is related to the concentration history in




Cant,0(t− t′) ·G(t′)dt′, (1.17)
where t is the sampling year. The mean ages and the corresponding TTDs are determined
using tracer measurements (e.g. CFC-12). The local variable r can be left out because for each
discrete water sample a new TTD is determined. With the help of the atmospheric history
of anthropogenic CO2 and an empirical relation between surface salinity and alkalinity, the
historical Cant concentrations in surface waters can be calculated, assuming that alkalinity has
not changed since preindustrial times. A last assumption of the TTD method is a constant
air-sea CO2 disequilibrium over time, whilst it can change in space.
























Figure 1.6: Transit time distributions (TTDs) for different ∆/Γ ratios.
The uncertainty in the ∆/Γ ratio can be reduced with the help of a second tracer (e.g. SF6).
This is be done by initially calculating the mean age with the first tracer (CFC-12) and then,
the concentration of the second tracer (SF6) is calculated using that mean age and the same
∆/Γ ratio. If the calculated SF6 concentration matches the measured SF6 concentration, the
assumed ∆/Γ ratio is accurate or otherwise, the ∆/Γ ratio is varied in order for the two tracer
mean ages to match.
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1.5 Regional hydrography of the study regions
Water samples taken on cruises to the tropical North Atlantic and to the Mediterranean Sea are
the basis for this work. Both regions are thought to be important in terms of Cant uptake from
the atmosphere and/or its removal from the mixed layer for general reasons already described in
this chapter and specific reasons summarized here: The Mediterranean Sea has a relatively low
Revelle factor and contains deep water formation areas where Cant can be transferred to depth.
Furthermore it is a small scale ocean were processes can be studied more easily and the findings
can potentially be related to larger scales processes in the world ocean. The tropical North
Atlantic is an area with one of the lowest Revelle factors and additionally it contains upwelling
regions with high capacity to take up Cant. In the following, these two oceanic regimes are
described in detail.
1.5.1 Mediterranean Sea
The Mediterranean Sea is known as a ’concentration basin’ with an anti-estuarine thermo-
haline circulation, which is the result of a negative freshwater balance [Bethoux et al., 1999].
Evaporation over the basin exceeds the gain of water through precipitation and river inputs.
The only connection of the Mediterranean to the ocean is via the narrow Strait of Gibraltar
where low salinity Atlantic Water (AW) flows in at the surface and high-salinity water, mainly
Levantine Intermediate Water (LIW) flows out at a deeper layer. The classical circulation pat-
tern is schematically described by an open thermohaline cell with two closed secondary cells
[Lascaratos et al., 1999] (Fig. 1.7).
Figure 1.7: A schematic of the thermohaline circulation in the Mediterranean Sea. The green
line indicate the inflowing surface water from the Atlantic. The blue lines indicate the Levantine
Intermediate Water (LIW) spreading at intermediate depths and leaving the Mediterranean Sea
as Mediterranean Overflow Water (MOW), and the Western and the Eastern Mediterranean
Deep Waters (WMDW and EMDW), respectively. The red curls in the deep water formation
areas indicate heat loss due to either cooling or wind. The figure is taken from Lee et al. [2011].
The principal cell pictures the transformation of the eastward flowing AW, which by then
is named modified Atlantic Water (MAW), to LIW. On its way to the Levantine basin (the
most eastern part of the Mediterranean) the relatively cool and low-salinity MAW (T ≈ 13◦C;
S ≈ 36) is exposed to high temperatures which lead to warming and evaporation. In the
Levantine basin surface waters can reach temperatures of over 26◦C and salinities of more than
39. In the Rhodes cyclone cold winds during the winter months cool these high salinity surface
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waters and they become dense enough to sink and mix with underlying water [Ovchinnikov ,
1984]. Subduction rates vary between 0.6 and 1.3 Sv (1 Sv= 1 · 106 m3 s−1) depending on the
interannual variability of atmospheric forcing [Stratford and Williams, 1997; Lascaratos et al.,
1999]. At intermediate depths (200 - 500 m) this water mass flows back in westward direction.
The renewal timescale for LIW is about 10 - 20 years [Stratford and Williams, 1997]. The
two secondary cells describe the transformation of surface and intermediate water into Western
Mediterranean Deep Water (WMDW) and Eastern Mediterranean Deep Water (EMDW). The
WMDW is formed in the Gulf of Lyon. Due to the existence of a cyclonic gyre in this area,
upwelling takes place and denser intermediate water comes close to the surface [Gascard , 1978].
Preconditioned by this process the stability of the water column is effectively reduced in winter
by excess cooling and evaporation due to strong continental cold and dry winds (Mistral)
[Gascard , 1978]. The vertical extension of convection is ˜2000 m, approximately the full water
depth in this area [Lascaratos et al., 1999] and the newly formed very dense deep water spreads
southwards. In a similar way the EMDW is formed in the southern part of the Adriatic Sea
where strong preconditioning takes place also through a permanent cyclonic gyre. Pollak [1951]
found a small contribution of dense water formation in the northern part of the Adriatic Sea
where shallow shelf water experiences cooling and evaporation in winter during the Bora events
and moves to the southern Adriatic Sea. Together with the inflowing LIW it seems to be a
part of the deep convection happening in this area. This mixed and very dense water sinks to
the bottom and flows through the Strait of Otranto to the deepest parts of the Ionian Sea and
then into the Levantine Sea. In both basins temperature and salinity of the deep waters are
very homogeneous (13.3◦C; 38.66) [Schlitzer et al., 1991].
Anthropogenic tracers, such as CFCs and tritium (t1/2 = 12.43 yr), can be used to obtain
information on the ages of water masses on decadal to interdecadal timescales and thus they are
rather suitable for the Mediterranean Sea. Overturning times of the deep water are estimated
to be 70 - 120 years for the eastern basin [Roether et al., 1996; Stratford et al., 1998] and 40
years for the western basin [Stratford et al., 1998]. With a new model approach Steinfeldt
[2004] tried to reflect the circulation of the EMDW, assuming steady state. Using age spectra
(distribution of transit times) instead of single water ages he calculated a mean spreading
velocity of 0.4 cm s−1 for the EMDW with a single source in the Adriatic Sea. Successively the
deep water flushes the Northern and Central Ionian and the Levantine basins in 1.5, 4.5 and
about 20 years respectively. For the upwelling of old deep water in the Levantine, Steinfeldt
[2004] estimated a velocity of about 35 myr−1.
However, recently the ’classical thermohaline circulation’ of the Mediterranean Sea has
started to change from a single deep water source in the Eastern Mediterranean basin to a
two source system. During past decades the Aegean Sea did not contribute substantially to
the formation of EMDW but was forming an intermediate water mass spreading out in the
Ionian Sea between about 500 and 1200 m depth [Schlitzer et al., 1991], thus having properties
intermediate between LIW and EMDW. Meanwhile the circulation has entered a new state
where 20% of the deep and bottom water of the Eastern Mediterranean Sea has been replaced
by a rather salty and warm overflow from the Aegean Sea [Roether et al., 1996]. Development
of this new state seems to have started after the year 1987, when deepwater salinities were still
rather homogeneous whereas in 1995 elevated salinities had been observed in the deep waters of
Crete [Roether et al., 1996]. Further evidence for the intrusion was given by increased CFC-12
amounts in the same area that indicates ’younger’, more recently downwelled water. The initial
reason for the ongoing deep inflow of Aegean water to the Ionian Sea was an increase in density
of the Cretan Sea [Roether et al., 1996], which in turn might have been a consequence of a
change in the heat and freshwater balance for the period 1988 - 1995 (high evaporation and
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cooling [Josey et al., 1997], reduced precipitation [Theocharis et al., 1999]) or of a redistribution
of salinity within the eastern Mediterranean [Roether et al., 1996]. Recently it has been pro-
posed that the change in deep water formation is connected to the so called Bimodal Oscillating
System (BiOS), which is a feedback mechanism between the Adriatic and the Ionian [Civitarese
et al., 2010]. The authors assume that, on a decadal time scale, the circulation of the North
Ionian Gyre changes from cyclonic to anticyclonic and vice versa, which in turn influences the
location of the EMDW formation. A comparison of the current two deep water sources of
the Eastern Mediterranean shows that the Aegean inflow rate of ˜1 Sv [Roether et al., 1996]
exceeds three times the inflow from the Adrian Sea (˜0.3 Sv) [Schlitzer et al., 1991; Roether
and Schlitzer , 1991]. As a consequence, all major water masses in the Eastern Mediterranean
have been affected [Klein et al., 1999]. The additional great amount of dense water flowing
into the eastern basin has led to an uplift of deep water and thereby influenced the circulation
at intermediate depth and changed the nutrient distribution in the upper water column [Klein
et al., 1999].
1.5.2 The eastern tropical Atlantic
The hydrography in the tropical region of the Atlantic Ocean is complex. It is mainly affected by
the trade winds resulting in seasonal equatorial upwelling, coastal upwelling and a multitude
of zonal currents. The southeast and the northeast trade winds lead to a westward surface
current, the Equatorial Current. About 3◦ north and south of the equator the Coriolis force
begins to have an effect and diverts the currents towards the south and the north, respectively
(Ekman transport). The divergence of surface water causes upwelling, associated with lower
temperatures at the equator. The so called cold tongue develops when the trade winds are
strongest. This is the case in northern summer, when the Intertropical Convergence Zone
(ITCZ) reaches its northernmost position. The ITCZ is a roughly zonally oriented band of
atmospheric convection, forming the border between the southeast and the northeast trade
winds. It is positioned in the area of the highest sea surface temperature (SST), which moves
northward in boreal summer and southward in boreal winter, and is associated with enhanced
cloud formation and rain. Influenced by the continents the SST in the tropical Atlantic Ocean
is always higher in the northern hemisphere, thus the ITCZ always stays north of the equator.
Variations reach from 6◦N off Africa in February to 15◦N in August [Molinari et al., 1986].
Migration of the ITCZ also influences the strength and position of the currents. Main difference
of the season where the ITCZ is at its northernmost position is the existence of the North
Equatorial Counter Current (NECC) (Fig. 1.8). It develops because the low-wind region within
the ITCZ displays a barrier for the northeastward surface water drift and the pressure gradient
drags the water eastward.
The Subtropical Cells (STCs) describe the shallow overturning circulation of the poleward
flowing upwelled water back to the equator at maximum depths of 500 m (Schott et al 2004).
The currents included in the STCs are shown in figure 1.8. At the surface the water diverges
off the equator and when it reaches the Subtropical Gyres, it eventually subducts. Due to
the anticyclonic flow, the Subtropical Gyres are known to be extensive subduction areas, rep-
resented with the blue shading in figure 1.8. The North Equatorial Current (NEC) and the
South Equatorial Current (SEC) are part of the winddriven Subtropical Gyres, when they leave
the African coast. In the southern hemisphere the SEC transports the subducted STC waters
westward and then equatorward with the North Brazilian Under Current (NBUC). The NBUC
is part of the Meridional Overturning Circulation (MOC) with northward flow of warm water
and has its maximum speed at ˜250 m depth. When it is complemented by the shallower in-
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flow of SEC and gets deflected by the Brazilian coast, it becomes the surface-intensified North
Brazilian Current (NBC) [Schott et al., 2004]. A second part of the NBUC continues south
along the south American coast as Brazil Current. The NBC overshoots the equator [Johns
et al., 1998; Schott et al., 1998] and follows the Brazilian coast at which most of it is lost into
the eastward flowing Equatorial Under Current (EUC), the North Equatorial Under Current
(NEUC) and the NECC [Schott et al., 2004], where the water slowly upwells. The STC in
the northern hemisphere is weaker because it is not supported by cross-equatorial transport
of water by the MOC. According to the southern hemisphere, the subducted northern STC
water is carried westward with the NEC. A weak current, called the Guiana Undercurrent,
flows southward along the South American continent and picks up water from the NEC and
carries it equatorward to supply the NECC and the EUC [Schott et al., 2004, 1998].
Figure 1.8: Schematic representation of the Atlantic Subtropical Cell (STC) circulation with
subduction (blue) and upwelling (green) zones that participate in the STCs. Currents and
upwelling areas are named as follows: NEC and SEC = North and South Equatorial Current,
NECC = North Equatorial Coutercurrent, EUC = Equatorial Undercurrent, NEUC and SEUC
= North and South Equatorial Undercurrent, NBC and NBUC = North Brazil Current and
Undercurrent, GD and AD = Guinea and Angola domes. Interior equatorward thermocline
pathways are dotted and transport estimates are marked for interior and western boundary
pathways. Surface poleward pathways for the central basin (from drifter tracks, after Grodsky
and Carton [2002]) are marked by thin, magenta lines. The figure is taken from Schott et al.
[2004].
In addition to the currents along the Brazilian coast, the STCs are closed by weak interior
equatorward thermocline pathways indicated with dots in figure 1.8. In the northern hemisphere
the interior water flow partly gets distracted to the east by the NECC and the NEUC before
reaching the equator. This also contributes to the weakness of the northern STC.
A shadow zone south and southeast of the northern Subtropical Gyre is not ventilated from
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the north [Luyten and Stommel , 1986]. Instead the area between the NEC and the NECC is
governed by a cyclonic circulation, which leads to the permanent, quasi-stationary Guinea dome
[Siedler et al., 1992]. The Angola dome is the corresponding gyre in the southern hemisphere.
Off-equatorial upwelling happens in both hemispheres along the coast and in the two cyclonic
domes. The Guinea dome stretches across an area of 700 - 1000 km in diameter where a
thermocline and pycnocline displacement of ˜30 - 80 m in the upper 350 m takes place [Siedler
et al., 1992]. Some of the central water circulation (100 - 500 m) described above provides
water for the Guinea and the Angola domes, especially the NEUC and the SEUC (Fig. 1.8)
and due to their not negligible Ekman upwelling, the domes might play a considerable role for
the STC circulation [Schott et al., 2004].
Figure 1.9: Mean zonal current distribution across 35◦W, with transports (in Sv = 106m3s−1)
of the different current branches marked. The intermediate and deep currents are named as
follows: SICC and NICC = South and North Intermediate Counterurrent, EIC = Equatorial
Intermediate Current, uNADW, mNADW and lNADW = upper, middle and lower North
Atlantic Deep Water, AABW = Antarctic Bottom Water. The figure is taken from Schott
et al. [2003].
In figure 1.9 a meridional section at 35◦W reveals the main zonal currents in the water
column of the equatorial region. They are influenced by intermediate and deep waters from the
southern and the northern hemispheres. The Antarctic Intermediate Water (AAIW) originates
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from a surface region in the Antarctic Ocean and slowly flows along the South American coast.
It is found at depths between 600 and 1000 m. The high oxygen concentrations of the AAIW
after subduction decrease on its way north and turn into low oxygen content north of 21◦S
[Stramma and Schott , 1999]. This is a consequence of the eastward advection of a large amount
of AAIW with the South Intermediate Countercurrent (SICC) and the following transport
around the Subtropical Gyre ending with the westward return within the southern SEC. The
oxygen is heavily reduced by consumption during that circulation [Stramma and Schott , 1999].
As the AAIW is picked up at the lower boundary of the NBC it also participates in the STC
circulation.
Another important water mass at depth in the Atlantic Ocean is the cold limb of the MOC,
which consists mainly of the North Atlantic Deep Water (NADW). With the Deep Western
Boundary Current (DWBC) the NADW is transported from the North Atlantic into the south-
ern hemisphere. The upper NADW has increased CFC content centered at 1600 - 1800 m and
is also named upper Labrador Sea Water (upper LSW) [Rhein et al., 1995; Rhein and Stramma,
2005]. A CFC maximum is also found in the lower NADW at depths around 3700 - 4000 m
[Rhein and Stramma, 2005]. Before crossing the equator, small part of the NADW recirculates
in the Guiana Basin [e.g., Friedrichs et al., 1994] and south of the equator the NADW mainly
continues southward with the DWBC. Part of the upper LSW flows into eastward direction
just south of the equator, thus reaches the eastern basin [Rhein et al., 1995; Andrie´, 1996].
According to CFC data in the equatorial Atlantic, the upper LSW seems to be captured in the
region and circulates within westward equatorial and eastward off-equatorial deep jets [Andrie´
et al., 2002]. The upper LSW does not directly take part in the STC circulation but upwells
slowly in the equatorial region.
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2 Methodology
The data for this thesis arise from five research cruises. The first part of the methodology
section lists these cruises and shortly describes the sampling and analysis procedures of the
corresponding parameters. In table 2.1 the relevant analysis and error information of all tracer
measurements performed by the Chemical Oceanography department at IFM-GEOMAR (Leib-
niz Institute of Marine Science, Kiel, Germany) are summarized. Subsequently, instrument and
methodology details are given for the CFC-12 and SF6 measurements that were performed as
part of the PhD work. Finally, the approach to estimate anthropogenic CO2 is explained.
2.1 Cruises
2.1.1 Meteor 51/2
During the Meteor cruise in October/November 2001 (M51/2) to the Mediterranean Sea CFC-
12 samples were measured onboard with a technique described by Bulsiewicz et al. [1998].
There were no duplicates analysed. The error for the CFC-12 measurements was estimated at
±2% or ±0.02 pmol kg−1, whichever is greater.
Samples for AT and CT were taken in 500-mL Duran glass bottles and fixed with 100 µL
HgCl2. Using a potentiometric titration method [Mintrop et al., 2000] for AT and a coulometric
titration method [Johnson et al., 1993] for CT, the samples were analysed in the laboratory.
Precision was 4.2 µmol kg−1 and 1.5 µmol kg−1, respectively (95% confidence interval). Ac-
curacy was assessed with measurements of Certified Reference Material (CRM, supplied by
Andrew Dickson, Scripps Institution of Oceanography (SIO), La Jolla, CA, USA) and yielded
a mean offset of -0.82±2.85 µmol L−1 for AT and of +0.62±1.01 µmol L−1 for CT (95% confi-
dence interval, n = 41). Both parameters were corrected for these mean offsets.
Oxygen samples were taken after the tracer samples and analysed at sea using the Carpenter-
Winkler titration procedure [Carpenter , 1965] and a Radiometer automatic titrator (TTT80),
equipped with a dual platinum electrode, in the dead-stop end point mode. Precision was
0.3%. Duplicate samples for nutrient analysis were collected in 15-mL acid washed plastic
vials and immediately frozen. They were determined in the laboratory using a segmented flow
Technicon AutoAnalyser II (AA-II) system with the methods described by Krom et al. [1991]
andKress and Herut [2001]. The precision for nitrate and phosphate is 0.02 and 0.003 µmol L−1,
respectively. The limit of detection (2 times the standard deviation of the blank) for the
procedures is 0.075 µmol L−1 for nitrate and 0.008 µmol L−1 for phosphate.
2.1.2 Meteor 68/2
During the Meteor cruise in June/July 2006 (M68/2) from Brazil to the Cape Verde Islands
CFC-12 samples were taken in glass syringes and analysed with a purge and trap system similar
to the one described by Bullister and Weiss [1988], in the following referred to as PT1. Precision
23
was ±1.4% (95% confidence interval, n = 190) and a blank of 0.003 pmol kg−1 was removed
from all samples. SF6 samples were flame sealed and measured back in the laboratory on a
packed column system (instruments B) with the methods described in sections 2.2.3 and 2.2.5.
No duplicate samples were taken.
2.1.3 Maria S. Merian 10/1
During the Maria S. Merian cruise in November/December 2008 (MSM10/1) to the Guinea
Dome region, SF6 was measured onboard with the capillary column system (instrument A).
The used methods are described in sections 2.2.2 and 2.2.4. Unfortunately, only one duplicate
sample was measured which revealed a precision of ±2.2%. Due to co-elution problems CFC-
12 could not be quantified on the same instrument but was measured on the parallel running
instruments PT1 and PT2 (both similar to the system described by Bullister and Weiss [1988]).
The cross-system precision for these measurements is 10.8 fmol kg−1 or 1.9%, whichever is
greater (duplicates: n = 541).
2.1.4 Meteor 80/1
During the Meteor cruise in October/November 2009 (M80/1), CFC-12 and SF6 samples were
taken on a 23◦W section in the equatorial Atlantic. Due to initial problems the first half of the
samples taken was flame sealed and measured back in the laboratory. The remainder of the
samples was measured onboard.
Onboard measurements
Samples were analysed on instrument B using the methods described in sections 2.2.2 and
2.2.5. At the end of the cruise problems with the trap were encountered and SF6 could not
be quantified anymore. Precision for CFC-12 was 0.05 pmol kg−1 or 6%, whichever is greater
(duplicates: n = 4). For SF6 precision could not be determined because the duplicates were
measured, after the problems with the trap had appeared.
Laboratory measurements
The sealed ampoules were analysed on instrument B with the methods described in sec-
tions 2.2.3 and 2.2.5. The scatter in the SF6 measurements unfortunately turned out to be
too large and the results are discarded. The CFC-12 samples also show considerable scatter
but seem usable. The large scatter in both parameters and also the fact that tracer concentra-
tions greater than zero were found in deep samples suggest that probably contamination with
air occurred during the process of flame sealing. On account of this, a blank of 40 fmol (average
excess concentrations from depths where values close to zero are expected) was subtracted from
the CFC-12 measurements. No duplicates had been flame sealed.
2.1.5 Meteor 80/2
During the Meteor cruise in November/December 2009 (M80/2) to the Guinea Dome region,
CFC-12 was measured on the instruments PT1 and B. As mentioned before PT1 is similar to
the system described by Bullister and Weiss [1988]. Samples measured on this instrument were
taken in 250 mL glass syringes and a volume of 100 mL was analysed. SF6 was sampled and
measured together with CFC-12 on instrument B. The methods are described in sections 2.2.2
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Table 2.1: Analytical details and corrections of all tracer measurements analysed by the Chem-
ical Oceanography department at IFM-GEOMAR
Cruise Tracer System Analysis
Systematic errorsa Precision Std. adjustmentb
[fmol kg−1] [fmol kg−1] / [%] (n) [%]
M68/2 SF6 B shore-based - - (0) 87
CFC-12 PT1 onboard −3 - / ±1.4 (190) -
MSM10/1 SF6 A onboard −0.05 - / ±2.2 (1) 83
CFC-12 PT1/2 onboard - ±10.8 / ±1.9 (541) -
M80/1 SF6 B onboard −0.08 - (0) 88
CFC-12 B shore-based −42.3 - (0) -
CFC-12 B onboard - ±50 / ±6 (4) 109
M80/2 SF6 B onboard - ±0.05 / ±10 (13) 90
CFC-12 PT1 onboard - ±6 / ±1 (46) -
CFC-12 B onboard - ±40 / ±3.8 (13) 109
ameasured blanks (section 2.3.1) and analytical errors (section 2.3.2 and 2.3.3) combined
b inconsistencies between sample and standard measurements required adjustments described in section 2.3.3
and 2.2.5. Precision for CFC-12 is 6 fmol kg−1 or 1%, whichever is greater (PT1; duplicates:
n = 46) and 0.04 pmol L−1 or 3.8% (B; duplicates: n = 13). Precision for SF6 is 0.05 fmol L−1
or 10% (B; duplicates: n = 13).
2.2 Tracer measurements
For analysing the water samples, different purge and trap systems followed by gas chromatog-
raphy are used (see the analysis procedures for the different cruises in section 2.1). Here only
system A and B are described in detail. For details of the other systems see Bulsiewicz et al.
[1998] and Bullister and Weiss [1988].
(a) (b)
Figure 2.1: Chromatograms of a 300 m sample during the MSM10/1 cruise measured with the
capillary column system. a) The co-elution between SF6 (retention time 5.75 min) and CFC-12
(retention time 6.25 min) makes it impossible to quantify the SF6 peak. b) After adjusting the
precolumn flushing times, the co-elution could be separated from the SF6 peak (retention time
5.6 min) but therefore the CFC-12 had to be cut off.
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In a purge tower the water is purged with clean nitrogen to strip out all gases. To concentrate
the compounds, the gases are trapped cryogenically on a small-volume trap. For cooling, liquid
nitrogen is used. The trap is filled with a compound-specific material for better adsorption. For
desorption, the trap is heated and the carrier gas is transferred to the chromatographic columns.
Heating is achieved by applying a voltage on the steel trap. The resulting electrical current
quickly heats the highly resistant material. Temperatures are controlled by a thermocouple
attached to the trap. During the cooling phases the temperature has to be regulated manually
by changing the level of liquid nitrogen below the trap. The heating process is automated by a
temperature regulator. In the precolumn the group of compounds of interest is separated from
other volatile compounds present in sea water. In the main column further separation of the
compounds is achieved. The signals get detected and can be quantified with the computer.
(a) (b)
Figure 2.2: Chromatograms of surface water samples measured a) with the capillary column
system during the MSM10/1 cruise and b) with the packed column system during the M80/1
cruise.
During the PhD work two different instrument setups were used. The first one contains
packed and capillary columns and two traps in order to increase sensitivity for SF6. Unfortu-
nately, problems like co-elution of unknown substances, breaks in the capillary columns and
long retention times were encountered. Furthermore, the precision was poor (see section 2.3.1)
and the expected sensitivity was not achieved. During the MSMS10/1 cruise a co-elution be-
tween SF6 and CFC-12 was encountered on this instrument (Fig. 2.1(a)). Attempts to separate
the co-elution from the SF6 peak resulted in the loss of the CFC-12 peak and only SF6 could be
measured (Fig. 2.1(b)). Thereupon the instrument was altered to a simplified system which runs
with one trap and exclusively with packed columns. Figure 2.2 compares the chromatograms
of surface water samples measured with the two different systems. The sensitivity for SF6 is
similar but due to the described problems in the capillary column system, CFC-12 could not
be measured.
2.2.1 Sampling
Water samples were taken from 10-L Niskin bottles into 330-mL glass ampoules. The ampoules
are equipped with a removable stainless steel inlet tube with a nozzle, which fits into the stop
cock of the Niskin bottle. The inlet tube reaches down to the bottom of the ampoule and at the
top of the ampoule there is a stainless steel overflow tube. Thus, the ampoule gets filled from
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the bottom to the top. The ampoules are rinsed twice their volume until the overflow tube is
capped. While filling the ampoule air bubbles have to be removed from the steel tubings and
the glass walls. After sampling, the ampoules are stored in ice water to prevent outgassing and
formation of bubbles due to decreasing gas solubility with increasing temperature.
2.2.2 Measurements at sea
The setup of the purge system used on board is shown in figure 2.3. To improve the stripping
efficiency the water sample is heated for 15 to 20 minutes in a water bath to about 35◦C and
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(Pressure controlled)
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Figure 2.3: Purge system used on board. V stands for ’valve’, S for ’solinoid valve’ and L for
the ’load’ position of a valve.
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The purgetower gets evacuated by manually opening and then closing again the solenoid valve
S1. After manually opening ball valve 1 the program for the subsequent, automated analysis is
started. (Ball valve 1 has been added because the solenoid valve S2 started to leak slightly after
the first runs with sea water.) When S2 is opened, the water is drawn from the ampoule into
the purgetower. Due to the strong vacuum and the pin holes to the side of the inlet strainer,
the water sprays against and runs down the glass wall of the purgetower. Thereby, most of
the dissolved volatile gases in the water already pass into the gas phase. In the upper part
of the purgetower the ends of two wires are placed to the inside tower wall - one above the
other with a gap of about 1 cm in between. When the sea water reaches the second wire an
electrical circuit is closed due to the conductivity of saltwater and S2 is shut. The purgetower
has now been filled with the water sample leaving a small headspace. Now valve V4 is switched
to the ’inject’ position and the water sample is purged for 10 minutes with clean nitrogen and
trapped cryogenically. The trapping process and the subsequent procedures are described in
sections 2.2.4 and 2.2.5, respectively. To avoid contamination by air from inside the tubings
before flushing or by water from the previous sample, first of all the tower and the tubings are
flushed with a small volume of the water sample and then evacuated again. When the purging
and trapping is completed S3 activates the pressure controlled ball valve 2 and the water is
drained from the purgetower. Prior to each cruise the volume of the purgetower has been
calibrated in the laboratory by filling and draining it several times and weighing the water.
With the salinity and the temperature the volume has been calculated for all repetitions. The
average of these volumes is used to determine the sample masses on board with the respective
salinities and temperatures.
2.2.3 Measurements in the laboratory
Water samples for later analysis in the laboratory have to be processed in a different way. After
taking the water sample, it is flame sealed. To do so, the ampoule outlet is connected to a low
nitrogen flow, while the end of the inlet tube has been carefully positioned in the upper 3 cm of
the ampoule body, whereby the water is displaced with a nitrogen headspace. The inlet tube
is now positioned in the upper part of the ampoules neck and with a continuing nitrogen flow
the neck gets flame sealed with a gas torch. With this method samples can be stored several
months.
The setup of the purge system used in the laboratory is shown in figure 2.4. Ampoules are
heated in a hot bath over night to about 65◦C. Due to decreasing solubility with increasing
temperature, most of the dissolved volatile gases in the water sample should now be found in
the headspace, which reduces the purge time. The ampoule then is placed and tightened in
the cracker. In order to remove the air from the cracker it is flushed for six minutes with clean
nitrogen, by switching V4 to the ’inject’ position. To increase the flow rate and thus to decrease
the flushing time, the ball valve is open during the first four minutes . After flushing the cracker
it is again isolated from the system by switching V4 to ’load’. With the outside handle on the
cracker the ampoule can now be cracked open and then the purge tube is inserted manually.
The ten minutes purging and trapping starts with switching V4 again to the ’inject’ position.
After desorption from the trap and detection of the signal, in the case of CFC-12 the entire
process would have to be repeated several times on the same water sample to achieve 100%
purge efficiency. As each purge is very time intensive (approx. half hour) a statistical method
that only requires two purges has been developed instead and is applied. This method is de-
scribed in section 2.3.2. After measuring a sample the cracked ampoule is weighed. Thereafter,
the sea water is drained from the ampoule, which is then rinsed with distilled water and dried.
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The dry weight subtracted from the filled ampoule weight gives the water sample mass.
















Figure 2.4: Purge system used in the laboratory. L stands for the ’load’ position of a valve.
2.2.4 Capillary column system - instrument A
Figure 2.5 shows the setup for instrument A (capillary column system). During the purging
process the gas is trapped at −100◦C on a 1 m, 1/16 ′′ stainless steel trap filled with Haysep D,
which retains low molecular weight compounds, especially halogen and sulfur groups. V6, V4
and V7 are on the ’inject’ position. Before reaching trap 1 the gas passes a nafion dryer and
15 cm of magnesium perchlorate, in order to dry the purge gas. After ten minutes of purging
with clean nitrogen at a flow rate of 120 mLmin−1 trap 1 is isolated by switching V7 to the
’load’ position and heated up to 100◦C. When the temperature is reached V6 is switched to
’load’ and V7 and V8 to ’inject’. Trap 1 is backflushed and the gas passes the precolumn with
8 mLmin−1 and is trapped on trap 2. The precolumn is a 1/8 ′′ stainless steel tubing packed
with 50 cm Porasil C and 50 cm molecular sieve 5A˚. It is located in the GC oven which is held
at 35◦C. Porasil C preseparates the volatile compounds according to size and the molecular
sieve retains the molecules smaller than SF6. Trap 2 is a 5 cm 1/32 ′′ stainless steel tubing filled
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with Carboxene 1000, which provides good performance for low boiling compounds. It is held
at −70◦C. After 1:50 min SF6 has passed the precolumn and has been trapped quantitatively
on trap 2. V6 is switched to ’inject’ and V8 to ’load’. The precolumn gets backflushed. T2 is
heated to 150◦C for one minute and the desorbed gases flow through the main column and to the
detector. The main column is a combination of two capillary columns arranged in series. The
first on is a 75 m DB624 (medium polarity, 0.53 mm inner diameter, 3 µm film thickness). The





























Figure 2.5: Setup of instrument A using capillary columns. V stands for ’valve’ and L for the
’load’ position of a valve.
2.2.5 Packed column system - instrument B
In figure 2.6 the setup for the simplified instrument B using only packed columns and one
single trap is illustrated. The water sample is purged for ten minutes with a flow rate of
about 80 mLmin−1. After passing the nafion dryer and 15 cm of magnesium perchlorate the
gas is trapped on a 70 cm 1/16 ′′ stainless steel trap filled with Haysep D. V6 and V4 are on
’inject’ position and V7 on ’load’. The trap is isolated by switching V6, heated to 130◦C and
then brought in-line with the precolumn and the main column by switching V7 to the ’inject’
position. The trap is backflushed and with a flow rate of 15 mLmin−1 SF6 and CFC-12 have
passed the 30 cm 1/8 ′′ precolumn filled with Porasil C after about 1:20 min. V7 is switched
to ’load’ and V6 to ’inject’. The compounds are separated on the main column while the
precolumn is backflushed. Both are located in the oven at 60◦C. The main column is a two
meter 1/8 ′′ tubing packed with 180 cm Carbograph and 20 cm molecular sieve 5A˚. Due to a
bulk contamination peak after the CFC-12 peak, the oven temperature is increased to 90◦C for

























Figure 2.6: Setup of instrument B using only packed columns. V stands for ’valve’, L for the
’load’ position of a valve and I for the ’inject’ position of a valve.
2.2.6 Detection
For detecting the compounds coming off the gas chromatographic columns, an Electron Capture
Detector (ECD) is used. This detector is very sensitive to halogenated compounds. It is made
of an ionization chamber with a cathode and an anode. The chamber has an inlet and an
outlet for the carrier gas. The cathode is a metal foil coated with the radioactive isotope 63Ni.
63Ni is a beta emitter. In the β-decay primary electrons are formed which collide with the
nitrogen molecules of the carrier gas. Positively charged N2-molecules are formed and free
secondary electrons. By applying voltage these free electrons move to the anode and lead to an
electrical current - the baseline. If the gas flow carries a substance with high electronegativity,
such as chlorine or fluorine, part of the free electrons are captured, which leads to a reduced
current. This reduction of current presents the detector signal and is interpreted as a peak in
the chromatogram.
2.2.7 Standards and blanks
The standard gas is calibrated using a second standard with known SF6 and CFC-12 concen-
trations. Standard loops of 2 mL and 10 mL are used to calibrate the system. (The exact
volumes of the standard loops were calibrated with a third standard loop of known volume.)
For standard measurements either V2 or V3 or both are switched to the ’load’ position (Fig. 2.5
and 2.6), depending what volume of standard gas needs to be measured. One or both loops
are thereby filled with standard gas. To avoid temperature and associated gas volume changes
in the loops, they are constantly heated to a temperature of about 43◦C. When V2 and/or
V3 together with V6 are switched back to ’inject’, the standard is trapped. In order to mea-
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sure varying standard volumes, the process of filling the standard loops and trapping can be
repeated several times until the critical time limit for breakthrough on the trap is reached.
The maximum standard volume for a calibration curve was set in order to cover the maximum
water concentrations. Generally this was twice the 10 mL loop. When trapping is completed,
the desorption process follows as described in sections 2.2.4 and 2.2.5, respectively.
System blanks are performed by running a standard measurement but instead of standard
gas clean nitrogen is used. To test the sampling process and the purgetower on board, sample
blanks are run with deep water samples (˜3000 m), where no CFC-12 nor SF6 are expected.
Sample blanks in the laboratory are achieved by processing and analysing an ampoule without
cracking.
During the ship measurements a standard curve is performed every day. Additionally, one
selective standard volume is run 1 - 3 times together with a blank before and after each station.
Sample blanks are measured at the beginning of a cruise. Since the analysis of one ampoule
in the laboratory is a matter of about one hour, the two hours standard curves are only run
weekly. The selective standard volume together with either a system blank or a sample blank
is measured once in the morning and in the evening and three times at noon. In figure 2.7 the
chromatogram of a standard run is shown.
(a) (b)
Figure 2.7: Chromatogram of a standard sample measured with the packed column system. a)
is an overview and b) shows the chromatogram in high resolution.
2.3 Data processing
After the analysis of the water samples, the achieved chromatograms have to be processed in
several steps to receive the appropriate tracer concentrations of the sample. These procedures
are described in section 2.3.1. The measurements made in the laboratory require an additional
procedure described in section 2.3.2. In a primary quality control outliers are flagged. In a
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secondary quality control possible discrepancies in the data are identified. An explanation
for these discrepancies is searched and if possible, the data are adjusted. In section 2.3.3
the identified problems of all datasets and the applied troubleshooting and adjustments are
described.
2.3.1 General procedures
All peaks in the chromatograms are manually reintegrated and the peak areas of the system
blanks (if existent) are subtracted from the peak areas of the standard and the water measure-
ments, whereas the sample blanks are subtracted only from the water measurements. When a
constant blank is present, its mean value is subtracted. When an occasional blank appears, it
is subtracted from measurements during that period. In table 2.1 only the constant errors are
considered. With the known tracer mixing ratio in the standard (M), the loop temperature
(T ), the atmospheric pressure (P ), the ideal gas constant (R) and the exact volume of the
standard loop (V ), the injected moles of standard (n) for each run can be determined using





The peak area now equates to a number of moles (n). With the standard curve measurements
a function that describes the dependency of n to the peak area is determined (Fig. 2.8). For
SF6 this dependency is almost linear. For high CFC-12 concentrations the detector sensitivity
decreases and the standard curve flattens slightly. To calculate the tracer concentration of a
water sample in pmol kg−1 this function and the mass of the measured sample is needed. Thus
the peak area is a measure of concentration.






































Figure 2.8: Standard curve measurements for CFC-12 and SF6.
The daily performed single standard runs are used to determine the drift of the system
(Fig. 2.9). To do so, one measurement is defined as reference and all other measurements
reflect the relative divergence from that point. In practice each standard curve is defined as
a reference point and the single standard measurements referring to that curve are used to
calculate the relative drift, which is then used to correct all water measurements referring
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to that same curve. The double and triple standard measurements are used to determine
the precision of the system. Only when the standard deviation is small relative to the drift
variations (Fig. 2.9), the drift correction as described above is performed. Otherwise a mean
response factor is applied. For example, the standard measurements during MSM10/1 on the
capillary column system show high variability (Fig. 2.10). This was one reason to change this
system to one with packed columns, which are less susceptible. The origin of the system drift
remains unclear. It could neither be attributed to changes in temperature nor in atmospheric
pressure (Fig. 2.9).
















rel. pressure rel. temperature CFC−12 SF6
Figure 2.9: Drift correction for the instrument B. Where the circles and the crosses coincide,
a standard curve has been measured and new reference points were set for both compounds.
Error bars show the standard deviation of double or triple standard measurements. The dashed
gray line is the relative temperature of the standard loops and the solid gray line is the relative
atmospheric pressure.
2.3.2 Statistical method for flame sealed ampoules
The detected tracer concentration of the first purge after cracking an ampoule is dominated by
gases in the headspace. About 80 - 90% of CFC-12 and nearly 100% of SF6 have gone into the
gas phase because of heating. CFC-12 is less volatile than SF6, thus one purge is not enough
to strip out all of the remaining CFC-12 dissolved in the water. The detected concentrations of
the subsequent purges decrease exponentially (Fig. 2.11(a)). In order to avoid multiple purges
for each water sample a method is developed to quantify CFC-12 with only two purges. As
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basis Henry’s law is used:






where A0 is the initial tracer concentration in the water sample, A1 is the concentration
remaining in the water after the first purge, H is the temperature dependent Henry’s constant,
Vg the purge gas volume and Vw the water volume.















rel. pressure rel. temperature SF6
Figure 2.10: Drift correction for the instrument A. Error bars show the standard deviation of
double or triple standard measurements. The dashed gray line is the relative temperature of
the standard loops and the solid gray line is the relative atmospheric pressure.
As mentioned before, our first purge is dominated by the gases in the headspace and therefore
equation 2.2 only applies to the following purges. We adapt the equation to:






where A2 is the concentration remaining in the water after the second purge. We replace A2
by A1−P2, where P2 is the detected concentration of the second purge (i.e. the tracer amount
purged out of the sample during the second purge). Since we are interested in the remains after








) − 1. (2.4)
With the detected concentration of the first purge (P1) the initial concentration can then be
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determined:
A0 = A1 + P1. (2.5)
To verify this theoretical approach, 10 samples are purged several times until the water is
depleted with respect to CFC-12 (4 - 7 times). To cover possible differences in the purge
behavior depending on concentration, samples with a broad range of CFC-12 concentrations
(surface, intermediate and deep samples) are used. The sum of all purges of one sample gives
the initial tracer concentration (A0) and A1 = P2 + P3 + · · ·+ Pn.
Applying equation 2.4 to the ’test-samples’ to calculate A1 results in too low values compared
to the measured results. The error for A1 is about 50% and for A0 about 7%. The reason for
this is that Henry’s law assumes 100% equilibrium between the water and the purge gas and
this assumption does not hold true for the system setup. The size of the purge gas bubbles
and the limited time they are passing through the water are unsuitable to achieve equilibrium.
In order to reduce this error, the exponential function 2.3 is fitted to the measured values by
adding a factor (F) smaller then one to the Henry’s constant:






which quasi decreases the speed of the gas exchange (Fig. 2.11(b)). With this correction the
errors decreased substantially.



















P = 0.1 * e− 0.7 * Vg
P2  −  P7
(a)



















A2 = A1  * e− (H * F * Vg) / Vw
A1 − A7
(b)
Figure 2.11: a) Decreasing CFC-12 concentrations through multiple purges. b) Henry’s law
fitted to the multiple-purge samples from the M80/1 cruise using equation 2.6 with F = 0.0058,
which means that only 0.6% equilibrium is reached during the purging.
The laboratory measurements were performed in two sets. In the first one, samples from
M68/2 were analysed and in the second one, samples from M80/1. For both sets ’multiple-
purge test samples’ to fit the theoretical decay curve were measured. For M68/2 samples, the
best guess for F in equation 2.6 was 0.0078 and for M80/1 it was 0.0058. After applying the
factor and calculating A0, errors were overall less than 1% for the M68/2 samples. Similar
uncertainties emerged for the M80/1 cruise except for samples with low tracer concentrations,
suggesting a blank problem. After subtracting a small blank of 0.0018 pmol kg−1 from all
measurements, the results were much better and we got an error of less than ±1.5%. We
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suspect that the contamination originates from air entering the system during the cracking
process, which means that also the SF6 measurements got contaminated. To determine the
mean SF6 blank, the atmospheric ratio of CFC-12 to SF6 (˜78.7) was taken and applied to the
CFC-12 blank. Resultant a SF6 blank of 2.3 · 10−5 pmol kg−1 was obtained. Both blanks are
substracted from all water sample measurements.
2.3.3 Secondary quality control and adjustments
Calculation of the surface water saturation (upper 20 m) with respect to atmospheric tracer
mixing ratios revealed unusual values for several cruises. Accordingly, CFC-12 concentrations
during M80/1 and M80/2 measured on instrument B were too low, with saturations of 90 - 93%.
The CFC-12 samples measured parallel on instrument PT1 during M80/2 showed ’normal’
surface water saturation around 100% and thus helped to adjust the suspect samples. It has
to be tested whether the problem can be attributed to an inaccurate standard concentration
or to contamination with e.g. grease. Meanwhile a factor of 1.09 has been applied to all
CFC-12 concentrations measured on instrument B during M80/1 and M80/2. Surprisingly, the
flame sealed ampoules of M80/1 measured post-cruise did not show the same trend. Applying
the factor of 1.09 to these measurements results in supersaturation of the surface samples
(> 110%) and therefore does not seem reasonable. The SF6 saturation in the upper 20 m
was uncommonly high for all cruises, which implies that our standard concentration had been
determined inaccurate. This has to be verified by a new standard calibration. By then the SF6
data are corrected by adjusting the surface water saturation to 100%. The standard corrections
in % for both, CFC-12 and SF6 are shown in table 2.1.
Plotting the CFC-12/SF6 ratios against the CFC-12 concentrations and comparing them to
the expected curve demonstrated an additional small error in the SF6 concentrations of two
cruises. Following a value of 0.05 fmol kg−1 for MSM10/1 and of 0.08 fmol kg−1 for M80/1
(onboard) was subtracted from the SF6 concentrations respectively.
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[1] Total alkalinity (AT) was measured during the Meteor
51/2 cruise, crossing the Mediterranean Sea from west to
east. AT concentrations were high (2600 mmol kg1) and
alkalinity-salinity-correlations had negative intercepts.
These results are explained by evaporation coupled with
high freshwater AT inputs into coastal areas. Salinity
adjustment of AT revealed excess alkalinity throughout the
water column compared to mid-basin surface waters. Since
Mediterranean waters are supersaturated with respect to
calcite and aragonite, the excess alkalinity likely reflects
alkalinity inputs to coastal areas close to regions of deep and
intermediate water formation. An alkalinity budget shows
that main alkalinity inputs come from the Black Sea and
from rivers, whereas the Strait of Gibraltar is a net sink. The
major sink appears to be carbonate sedimentation. The
basin-average net calcification rate and CaCO3
sedimentation was estimated to be 0.38 mol m2 yr1.
The estimated residence time of AT is 160 yr.
Citation: Schneider, A., D. W. R. Wallace, and A. Ko¨rtzinger
(2007), Alkalinity of the Mediterranean Sea, Geophys. Res. Lett.,
34, L15608, doi:10.1029/2006GL028842.
1. Introduction
[2] The Mediterranean Sea is a semi-enclosed basin,
connected to the Atlantic Ocean via the Strait of Gibraltar.
The inflowing low-nutrient Atlantic water is responsible for
its generally oligotrophic and relatively well oxygenated
character. Due to insolation and resulting evaporation on the
one hand and little precipitation and river discharge on the
other, the Mediterranean Sea has a negative freshwater
balance resulting in an anti-estuarine thermohaline circula-
tion. The classical circulation is schematically described as
an open thermohaline cell with two deep-reaching closed
secondary cells [Lascaratos et al., 1999]. The principal cell
pictures the transformation of inflowing Atlantic Water
(AW) at the surface to outflowing Levantine Intermediate
Water (LIW): on its way eastwards, the AW becomes
warmer and saltier, forming Modified Atlantic Water
(MAW). In winter chilly winds cool the surface waters in
the Levantine basin making them dense enough to sink and
mix with underlying water [Ovchinnikov, 1984]. At inter-
mediate depths the now called LIW flows back to the west.
The two secondary cells describe the development of
Eastern and Western Mediterranean Deep Waters, once
again driven by strong evaporation and cooling of surface
waters in the Adriatic and the Gulf of Lyon, respectively
[Gascard, 1978; Pollak, 1951]. In 1988, with the develop-
ment of a new deep water component originating in the
Aegean Sea, the ‘classical circulation’ changed from a
single deep water source in the Eastern Mediterranean to
a two source system [Roether et al., 1996]. Since then a
major portion of the former bottom water in the Eastern
Mediterranean has been uplifted and replaced by this very
dense Aegean water [Klein et al., 1999].
[3] Due to the sparseness of measurements, especially in
the eastern basin, little is known about the carbonate system
of the Mediterranean Sea. Published data for total alkalinity
(AT) are spatially and temporally limited [Copin-Monte´gut,
1993; Copin-Monte´gut and Be´govic, 2002; Millero et al.,
1979] and make it difficult to draw a coherent picture of the
alkalinity distribution. Here we present a new, broad and
reliable dataset for AT which covers primarily the eastern
basin (Figure 1) and allows a reasonable estimate of the
alkalinity budget.
2. Materials and Methods
[4] Measurements of salinity, temperature and oxygen
were made at 42 stations along the cruise track of R/V
Meteor cruise 51/2 (M51/2, 18 October – 11 November
2001, Malaga – La Valetta), crossing the Mediterranean Sea
from west to east. Measurements of AT and total dissolved
inorganic carbon (DIC) were made at 14 stations using
potentiometric titration [Mintrop et al., 2000] and coulo-
metric titration [Johnson et al., 1993] methods, respectively.
Water samples were taken from Niskin bottles in 500 mL
Duran glass bottles and poisoned with 100 mL of saturated
aqueous solution of mercuric chloride for later shore-based
analysis. The results of the DIC measurements will be
presented elsewhere. (Data are available from the database
CDIAC, http://cdiac.ornl.gov).
[5] The accuracy of the AT determination was assessed
by regular measurements of Certified Reference Material
(CRM, supplied by Andrew Dickson, Scripps Institution of
Oceanography (SIO), La Jolla, CA, USA). The AT concen-
tration of each CRM batch is certified by shore-based
potentiometric titration [Dickson, 1998; Dickson et al.,
2003]. AT measurements on CRMs from 2 batches (batch
# 48 and 52) yielded a mean offset between our measure-
ments and the certified values of 0.82 ± 2.85 mmol kg1
(95% confidence interval, n = 41). Measured AT concen-
trations were therefore adjusted to the certified values by
correction for this mean offset. Precision of the AT measure-
ments was 4.2 mmol kg1 (95% confidence interval),
determined from duplicate samples (n = 15).
[6] The degree of saturation (W) for calcite and for
aragonite was calculated from AT and DIC with the software
program CO2SYS [Lewis and Wallace, 1995], using the
carbonic acid dissociation constants (K1 and K2) from
Mehrbach et al. [1973] as refitted by Dickson and Millero
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[1987] and the dissociation constant for HSO4
 from
Dickson [1990].
3. Results and Discussion
3.1. Alkalinity Distribution
[7] Figure 2a shows the relatively homogeneous distri-
bution of AT throughout the water column (salinity-adjusted
alkalinities shown in Figure 2b are described later). Con-
centrations are high, reflecting the high salinity of the
Mediterranean Sea and are typically 2600 mmol kg1.
Two exceptions are 1) the MAW with lower salinities and
accordingly lower AT, and 2) the western basin with
alkalinities around 2580 mmol kg1, which also can be
attributed to slightly lower salinity.
[8] Figure 3a displays the linear relationships between AT
and salinity (S). In surface waters (depth < 25 m) AT shows
the following correlation with S:
AT ¼ 73:7 3:0ð Þ  S 285:7 114:94ð Þmmol kg1




[9] Although previous authors have reported negative
intercepts of the AT-S relationship in the Mediterranean
AT-S regression, no explanation has been given for this
unusual feature. The negative intercept can be explained by
exceptional circumstances in the Mediterranean, namely:
high evaporation and high alkalinity of freshwaters entering
the basin by rivers and the Black Sea. These processes are
represented by vectors in Figure 3b. Starting point for our
considerations is the inflow of Atlantic water from the west
(A), which is low in both AT and S. Disregarding other
effects, evaporation would drive a steady increase in S and
AT during the surface waters’ movement towards the east.
The corresponding theoretical evaporation line (evap) on the
AT-S diagram would run through the origin (S = 0; AT = 0).
The second major influence on Mediterranean water alka-
linity is AT addition by rivers and by the Black Sea: both
carry very high alkalinities (between 2000 mmol kg1 and
6500 mmol kg1) at low or zero salinity. These inputs occur
in coastal areas and in the eastern basin, respectively, where
surface S and AT tend to be highest due to the cumulative
effects of evaporation. Hence on the AT-S diagram the
influence of coastal alkalinity inputs occurs towards the
high-salinity-end of the evaporation line, e.g. at the hypo-
thetical point B with a maximum salinity of 40 on Figure 3b.
Accordingly, mixing between high salinity surface water (B)
and river or Black Sea water, with their respective endmem-
bers, shifts the characteristics of surface waters towards
lower S and higher AT, i.e. in the direction of the arrows for
‘‘riv’’ and ‘‘bs’’. As a result, the mixture of Mediterranean
surface water does not follow a pure evaporative line on an
AT-S diagram but reflects this admixture of high-AT, low-S
endmembers. Consequently, in Figure 3b the mixing lines
‘‘riv’’, ‘‘bs’’ and ‘‘evap’’ picture the boundaries between
which our data points should fall and one can observe that
most measured samples do lie between these boundaries.
Towards lower salinities (i.e. in the western basin) the
surface AT-S relationship of our samples matches the
evaporation line rather well, and no clear influence of
the high AT endmembers can be observed. In contrast, at
salinities greater than 38, i.e. in the eastern basin and in
marginal seas, this effect starts to appear and the deviations
from the evaporation line increase with increasing salinity.
Figure 1. Station plot of the Meteor 51/2 cruise in
October/November 2001. Encircled dots indicate stations
where alkalinity and DIC measurements were made. 1: Strait
of Gibraltar; 2: Dardanelles.
Figure 2. Scatter plot of (a) total alkalinity and (b) salinity adjusted alkalinity for all water samples taken during M51/2.
AT
Ex represents the excess alkalinity in deep water as compared to the average surface alkalinity.
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Hence the observed AT-S relationship in the Mediterranean
is steeper than the evaporation line and yields a negative
intercept. It is worthwhile to reiterate that this intercept is
not representative of any endmember component but a
consequence of the presence of high-AT, low-S influence
in the central basin.
[10] The correlation found for deep waters (depth >
400 m) is:
AT ¼ 84:7 4:89ð Þ  S 682:1 189:37ð Þmmol kg1




which suggests an enhanced influence of high alkalinity
coastal waters in the deep basins. Within the error bars the
deep water relationship (Equation (2)) is in agreement with
the relationship observed by Copin-Monte´gut and Be´govic
[2002] at the Dyfamed Site in the NW Mediterranean Sea
below 500 m (AT = 80.62  S  518.96 mmol kg1). In
contrast, the surface water regression line ofCopin-Monte´gut
and Be´govic [2002] (AT = 93.996  S  1038.1 mmol kg1)
differs from ours (Equation (1)). The reason for the less
steep slope and the less negative intercept of our correlation
(Equation (1)) likely reflects the different sampling loca-
tions. The Dyfamed Site is located in the north-western
Mediterranean Sea (43250N, 07520E) and likely more
coastally-influenced than most of our stations. In coastal
regions, alkalinity inputs from rivers (e.g. the nearby Rhone
River with a mean alkalinity of 2885 mmol kg1, Table 1)
and potentially from the sediments cause the steeper slope
of the regression line.
[11] In order to compensate for salinity-driven variations,
AT was adjusted to a reference salinity (Sref = 38.75) which
is the mean surface salinity of our samples. The adjusted
alkalinity (Aadj, Figure 2b) was calculated according to Friis
et al. [2003]: Aadj = [(AT  ATS=0)/S]  Sref + ATS=0.
This equation includes the non-zero intercept (AT
S=0 =
286 mmol kg1) resulting from our surface AT-S relation-
ship (Equation (1)). Excess alkalinity (AT
Ex) is defined as the
difference between a given sample’s alkalinity (adjusted to
Sref = 38.75) and the surface ocean reference alkalinity of
2571.2 mmol kg1 (mean alkalinity in the upper 25 m at the
mean salinity of 38.75). Overall we find positive values for
AT
Ex throughout the sub-surface, which means that, inde-
pendent of salinity variations, the entire water column is
enriched in alkalinity relative to the upper 25 m. The highest
excess values were found in the eastern basin. At around
27E, surface properties extend down to about 300 m depth,
which could be the result of the anticyclonic Iera Petra Gyre
in this region. This feature was also observed in other
parameters (e.g. temperature and oxygen).
[12] A surface-to-depth increase of AT
Ex would be
expected, if calcifying organisms removed alkalinity from
the photic zone and dissolution of calcium carbonate added
alkalinity at depth. However, within the Mediterranean AT
Ex
remains constant below 300 m at about 30 mmol kg1
(Figure 2b). Furthermore, calculation of calcite and arago-
nite saturation states reveals that Mediterranean waters are
strongly supersaturated (W > 1) with respect to both miner-
als throughout the entire water column (Figure 4). Hence
dissolution of calcium carbonates is not favoured thermo-
dynamically. The degree of saturation for calcite lies
Figure 3. (a) AT-S-correlation of samples from all stations.
Surface samples reach from 0-25 m, intermediate depth
samples from 100-400 m and deep samples are below 400 m.
The grey line (d) shows the surface regression and the black
line (b) the deep regression of the samples. The dashed lines
(a and c) show the correlations between alkalinity and
salinity at the Dyfamed Site (grey (c) = surface regression,
black (a) = deep regression) reported by Copin-Monte´gut
and Be´govic [2002]. Linear equations are displayed in the
text. (b) Demonstration of evaporation and mixing pro-
cesses in the Mediterranean Sea as described in the text.
Atlantic water (A) evaporates (evap) and high salinity water
(B) mixes with riverine (riv) and Black Sea (bs) water. All
samples from M51/2 plot well within the AT-S diagram
(black datapoints).
Table 1. Discharge and Mean AT of Six Main Rivers Discharging Into the Mediterranean
a
River Discharge km3 yr1 Reference Mean AT mmol L
1 Reference
Rhone 49.5 GEMSWATER, 2002b 2885 GEMSWATER, 2002b
Po 46.7 GEMSWATER, 2002b 2918 GEMSWATER, 2002b
Nile 30.0 GEMSWATER, 2002b 2213 GEMSWATER, 2002b
Ebro 17.4 GEMSWATER, 2002b 2148 GEMSWATER, 2002b
Tiber 7.2 Vorosmarty et al., 1998c 6600 Copin-Monte´gut [1993]
Adige 7.2 Vorosmarty et al., 1998c 2100 Copin-Monte´gut [1993]
aTotal discharge of these six rivers is 158 km3 yr1 (nearly one third of the overall river discharge into the Mediterranean Sea) and the mean discharge-
weighted AT is 2820 mmol L
1.
bGEMSWATER 2002: Water quality data tables for 82 major river basins, 2006, from www.gemswater.org/atlas-gwq/intro.e.html.
cVorosmarty et al., 1998: Global River Discharge Database (RivDIS) V. 1.1, 2006, from http://www-eosdis.ornl.gov.
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between 5 and 6 at the surface and 2.5 at 3500 m depth.
For aragonite it ranges between 3 and 4 at the surface and
1.5 at depth. Similar observations have been reported
previously for the western, the central and the eastern basins
[Millero et al., 1979, and references therein].
[13] We hypothesise that the inflow of high alkalinity
water from rivers as well as from the Black Sea contributes
to both the observed AT
Ex and the high saturation state of
deep waters, with the high alkalinity arising from weather-
ing of limestone in adjacent areas. Deep water formation in
marginal seas appear to rapidly transport coastal alkalinity
anomalies directly into the deep basins where they show up
as AT
Ex, thereby effectively bypassing the surface waters of
the central Mediterranean (to which AT
Ex is referenced). As
our stations were located mainly in the mid-basin, our
surface water samples were heavily influenced by the
inflowing AW with lower alkalinity. AT measurements from
coastal and marginal seas, and especially in the areas of
deep water formation, are needed to test this hypothesis. In
the absence of such data, it cannot be ruled out that
dissolution of readily soluble high magnesium carbonates
and other carbonate particles within the water column above
the saturation horizon might also contribute to deep water
excess alkalinity. Anyway, little is known about these
processes and because of the high saturation state through-
out the water column in the Mediterranean Sea, carbonate
dissolution seems unlikely and is not further considered
here.
3.2. Alkalinity Budget
[14] We compiled an alkalinity budget in order to quan-
tify sources and sinks as well as the turnover time of AT in
the Mediterranean Sea. The Mediterranean Sea alkalinity is
controlled by water exchange with the Atlantic and the
Black Sea, as well as by riverine inputs, and sedimentation
of calcium carbonate. With the exception of the sedimentary
sink, all net fluxes can be calculated from published
estimates of the volumes of inflowing and outflowing water
and measurements or estimates of their corresponding
alkalinity concentrations (Table 2). Local alkalinity values
were estimated from salinity data and an appropriate
regional AT-S regression correlation. The alkalinity of water
leaving the Mediterranean towards the Black Sea was
estimated from the AT-S correlation of the surface waters
presented in this paper (Equation (1)). AT entering the
Mediterranean through the Dardanelles from the Marmara
Sea was estimated from AT concentrations of water leaving
the Black Sea [Hiscock and Millero, 2006, Figure 6] and
consideration of the subsequent salt and alkalinity diver-
gence within the Marmara Sea [Besiktepe et al., 1994]. The
alkalinity of water leaving the Mediterranean Sea through
the Strait of Gibraltar was estimated using an AT-S corre-
lation obtained from our measurements in the western LIW.
The mean alkalinity of the inflowing Atlantic water was
determined via a relationship published by Lee et al. [2006]
of AT with salinity and temperature for the North Atlantic.
Finally a mean river alkalinity was estimated from the
discharge-weighted alkalinities of six main rivers discharg-
ing into the Mediterranean (Table 1). The estimated values of
the mean alkalinities in Table 2 have uncertainties and our
estimates require verification through direct measurements.
[15] All fluxes at the interfaces of the Mediterranean
Sea are listed in Table 2. Main contributors of AT are the
Black Sea and rivers, whereas the Strait of Gibraltar is a
net sink for alkalinity. Compared to the findings of Copin-
Monte´gut [1993] who estimated a net alkalinity flux of
2.43  1012 mol yr1 into the Atlantic, we obtained a much
lower export (0.8  1012 mol yr-1), which accounts for only
about one third of the net AT inputs. If we assume
Mediterranean Sea alkalinity to be in steady state, long term
net inputs of alkalinity must equal long term sinks, for which
Figure 4. Vertical profiles of the saturation state (W) of
calcite and aragonite in the Mediterranean Sea.
Table 2. Water, Salinity, and Alkalinity Exchange of the Mediterranean Sea With the Atlantic, the Black Sea, and Riversa
In/Out
Water Volume,




kg yr1  1013
AT–Flux,
mol yr1  1012
Atlantic Ocean in 22706b 36.1b 2436 +82.0 +55.3 net flux 0.8
out 21444b 38.2b 2617 81.9 56.1
Black Sea in 1218c 29.3c 2967 +3.6 +3.6 net flux +1.2
out 918c 38.9c 2643 3.6 2.4
Rivers in 513d 0 2820 0 +1.5 net flux +1.5
aHere ‘‘in’’ refers to water flowing into the Mediterranean and ‘‘out’’ to water escaping the basin. Mean AT values were estimated as described in the text.
bBryden et al. [1994].
cBesiktepe et al. [1994].
dTixeront [1969].
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only sedimentation appears to be a reasonable candidate.
Under this assumption, the alkalinity loss via carbonate
sedimentation amounts to 1.9  1012 mol yr1. When
distributed equally across the Mediterranean basin (surface
area of 2.5  1012 m2 [Menard and Smith, 1966]) this
alkalinity loss corresponds to a surface ocean calcification
rate of 0.38 mol m2 yr1 (neglecting water column carbonate
dissolution). Recently published data for the carbonate flux
in the NW Mediterranean [Martin et al., 2006] are consistent
with this estimate: For example, whereas sediment traps in
the Palamo´s submarine canyon showed very high carbonate
fluxes close to the coast (up to 40 mol m2 yr1), the values
decreased with increasing distance from the coast. The
farthest-offshore mooring (depth = 1300 m) showed a mean
annual flux of 0.40 mol m-2 yr-1, which corresponds to our
estimate.
[16] An AT inventory of the Mediterranean Sea was
estimated by integrating the mean depth profile of alkalinity
over the average basin depth of 1500 m [Menard and Smith,
1966] and by scaling the resulting column inventory to the
surface area of the entire basin. With a calculated AT
inventory of 9.7  1015 mol, the residence time (t) of
alkalinity in the basin is 160 yr. For comparison, we
determined a salt inventory (2.42  1017 kg) and a residence
time for salt (t ﬃ 280 yr) in the same manner as for
alkalinity. As expected, the residence time for salinity is
longer than that of AT.
[17] Acknowledgments. We thank the crew of R/V Meteor for their
assistance, Peter Streu and Tobias Steinhoff for collection and measurement
of the samples. Thanks also to Birgit Klein for helpful discussions and to
Wolfgang Roether, the Chief Scientist of the cruise. Funding for this work
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[1] This work presents data of dichlorodifluoromethane (CFC‐12), dissolved inorganic
carbon and total alkalinity from a cruise to the Mediterranean Sea during October–
November 2001, with the main focus on the CFC‐12 data and on the eastern basin. Using
the transit time distribution method, the anthropogenic carbon concentrations in the basin
were estimated. Results were cross‐checked with a back‐calculation technique. The
entire water column of the Mediterranean Sea contains anthropogenic CO2, with minimum
concentrations of 20.5 mmol kg−1 (error range: 16.9–27.1 mmol kg−1) in the most eastern
part of the basin at intermediate depths, where the waters’ mean age is >130 yr.
Column inventories of up to 154mol m−2 (132–179mol m−2) are found and a total inventory
of 1.7 Pg (1.3–2.1 Pg) of anthropogenic carbon in the Mediterranean Sea was estimated.
There is a net flux of 38 Tg yr−1 (30–47 Tg yr−1) of dissolved inorganic carbon
through the Strait of Gibraltar into the Atlantic Ocean and an opposite net flux of 3.5 Tg yr−1
(−1.8–9.2 Tg yr−1) of anthropogenic carbon into the Mediterranean Sea.
Citation: Schneider, A., T. Tanhua, A. Körtzinger, and D. W. R. Wallace (2010), High anthropogenic carbon content in the
eastern Mediterranean, J. Geophys. Res., 115, C12050, doi:10.1029/2010JC006171.
1. Introduction
[2] The carbon dioxide (CO2) concentration in the atmo-
sphere has increased from 280 parts per million (ppm) in
the preindustrial time period to a present‐day value of
∼390 ppm. This represents only a fraction of the anthro-
pogenic CO2 emissions and several attempts have been
made to quantify the increase of oceanic carbon invento-
ries. As anthropogenic carbon (Cant) cannot be distinguished
directly by measurements from the natural background of dis-
solved inorganic carbon (CT), several empirical methods to
estimate its concentration have been developed and improved
over the past few decades [e.g., Brewer, 1978; Chen and
Millero, 1979; Wallace, 1995; Gruber et al., 1996; Waugh
et al., 2004; Touratier and Goyet, 2004; Friis et al., 2005].
There are significant differences in quantity and distribu-
tion ofCant estimated using these different methods [Tanhua
et al., 2007; Alvarez et al., 2009; Vazquez‐Rodriguez et al.,
2009], but generally a consistent picture has emerged. For
example, highest Cant column inventories are found in the
North Atlantic and estimates for the total Cant inventory in
the global oceans in 1994 are 118 ± 19 Pg C, using the
ocean tracer‐based DC* back‐calculation method [Sabine
et al., 2004] and 146 Pg C, based on the transit time dis-
tribution (TTD) approach [Waugh et al., 2006]. The net
CO2 emissions from 1750–1994 have been estimated to
be 283 ± 19 Pg C [Bindoff et al., 2007], thus the two esti-
mates of Cant in the ocean correspond to 42% and 52%,
respectively.
[3] The Mediterranean Sea is a marginal sea that has a
considerable influence on the circulation in the Atlantic
Ocean [Reid, 1979; O’Neil Baringer and Price, 1997; Serra
and Ambar, 2002] and which has been suggested to play a
relevant role in the drawdown of anthropogenic carbon
[Álvarez et al., 2005; Aït‐Ameur and Goyet, 2006]. It is a
semi‐enclosed basin connected only to the Atlantic Ocean
via the Strait of Gibraltar. The Strait of Sicily, with a water
depth of 300–400 m separates the eastern Mediterranean
from the western Mediterranean and limits the water
exchange between the two basins. The biogeochemistry of,
particularly, its eastern basin is strongly influenced by the
Black Sea as well as by rivers. The main circulation pattern
in the Mediterranean Sea is as follows: Atlantic surface
water flows from the Strait of Gibraltar eastward, becoming
warmer and saltier. In the Levantine basin, the surface water
becomes dense enough in winter to subduct and form the
Levantine Intermediate Water (LIW). This returns west-
wards at depths between 200 and 500 m and leaves the
Mediterranean Sea through the Strait of Gibraltar
[Ovchinnikov, 1984]. In the western and the eastern basins
deep water formation takes place in the Gulf of Lyon and
the Adriatic Sea, respectively, when cold winds cool the
high salinity surface waters [Gascard, 1978; Pollak, 1951].
The Western and Eastern Mediterranean Deep Waters
(WMDW and EMDW) flow near the bottom into the two
main basins where they slowly upwell and mix with over-
lying water. The deep water renewal time has been esti-
mated to be 20–40 years in the western basin [Stratford et
al., 1998] and about 100 years in the eastern basin
[Roether et al., 1996; Stratford and Williams, 1997;
Stratford et al., 1998]. After 1989 a new deep water source
in the Aegean Sea contributed to form the EMDW and
probably increased the upwelling rate greatly [Roether et al.,
1Leibniz‐Institut für Meereswissenschaften an der Universität Kiel
(IFM‐GEOMAR), Kiel, Germany.
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1996]. Stratford et al. [1998] suspected a renewal timescale
of 30–40 years for recent decades.
[4] Relatively little effort has been made to quantify the
Cant content of marginal seas and coastal areas, perhaps
because the area of these regions has been considered to be
insignificant in terms of Cant uptake compared to the global
oceans. In both of the previously mentioned estimates of the
global Cant inventory neither data from the Arctic Ocean nor
from marginal seas were used. Therefore, in order to obtain
a global inventory, an estimate of 12 Pg C for all such regions
combined was added by the authors. Since then, the Cant
inventory of the Arctic Ocean has been estimated to be 2.1–
2.8 Pg C (for the year 1994) by Tanhua et al. [2009] which
is about 50% less than that estimated by Sabine et al. [2004].
Data to assess Cant inventories in marginal seas remain
scarce. Until recently there has also been relatively little
attention paid to the Mediterranean Sea in terms of its car-
bon chemistry and, especially in the eastern basin, few
reliable data are available. Here we present measurements of
CT and dichlorodifluoromethane (CFC‐12), which allow us
to estimate the Cant concentrations and inventories and so
refine the estimate of the global inventory.
2. Methods
2.1. Water Samples
[5] Between 18 October and 11 November 2001 cruise
M51/2 of the R/V Meteor crossed the Mediterranean Sea
from west to east. Measurements of salinity, temperature,
and oxygen were made at 42 stations along the cruise track.
Tracer observations included CFC‐11, CFC‐12, CFC‐113
(SIO 1998 scale), helium isotopes, and tritium at 40 stations.
Water for the CFC analysis was sampled first from the 10‐L
Niskin bottles to prevent contamination by air and was
analyzed directly on board using a gas chromatographic
technique described by Bulsiewicz et al. [1998]. Data are
available from the database CDIAC (http://cdiac.ornl.gov).
Here only the CFC‐12 depth profiles are examined. The
error for the CFC‐12 measurements is ±2% or ±0.02 pmol
kg−1, whichever is greater. In the following, the CFC‐12
data are expressed as “equivalent mixing ratios,” which are
more descriptive in comparison with temporally varying
atmospheric mixing ratios. The equivalent mixing ratio of
CFC‐12 (in ppt) is obtained by:
Equivalent mixing ratio ¼ c
F T ; Sð Þ  Patm  PH2O T ; Sð Þ½ 
;
where c is the CFC‐12 concentration in pmol kg−1, F(T, S)
is the temperature‐ and salinity‐dependent solubility func-
tion in mol kg−1 atm−1 [Warner and Weiss, 1985], Patm is
the mean atmospheric pressure in atm, and PH2O(T, S) is the
temperature‐ and salinity‐dependent partial pressure of
water vapor [Weiss and Price, 1980].
[6] Measurements of total alkalinity (AT) and CT were
made at 14 stations (Figure 1). Results from alkalinity mea-
surements have been presented by Schneider et al. [2007].
Accuracy assessment based on measurements of Certified
Reference Material [CRM, supplied by Andrew Dickson,
Scripps Institution of Oceanography (SIO), La Jolla, CA,
USA] yielded a mean offset of −0.82 ± 2.85 mmol kg−1 for AT
and in +0.62 ± 1.01 mmol kg−1 for CT (95% confidence
interval, n = 41). Both parameters have been corrected for
this mean offset. Precision of the AT and CT measurements
was 4.2 and 1.5 mmol kg−1, respectively (95% confidence
Figure 1. Station plot of the Meteor 51/2 cruise in October/November 2001. Colored dots are the inte-
grated Cant column inventories of all stations in mol m
−2. The gray line connects the stations used to create
the section plots in Figure 2. The red encircled dots indicate the two stations on the Aegean shelf, which
were used to calculate the Cant inventory for the Aegean and the Adriatic Seas. Stations 533 and 534,
highlighted with black crosses, are the two stations compared in Figure 3. All stations, where CT and AT
were measured, are indicated with black dots.
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interval), as determined from duplicate samples (n = 15 and
n = 14).
2.2. Transit Time Distribution
[7] In order to estimate anthropogenic CO2 concentra-
tions, the transit time distribution (TTD) method was
applied using the transient tracer CFC‐12. The TTD method
is based on the idea that each water parcel is composed of
different source waters with varying time histories. Each
water sample has an age‐ or transit time distribution. For
historical surface water concentrations of CFC‐12 the
atmospheric time history of Walker et al. [2000] was used
together with a time‐dependent saturation estimated by
Tanhua et al. [2008]. The latter allows for nonequilibrium
surface water concentrations by assuming that the near‐
surface saturation of CFC‐12 was 86% before the year 1989,
when the atmospheric growth rate exceeded 15 ppt yr−1, and
that it has increased since then, in inverse proportion to its
atmospheric growth rate. Since 1999 the saturation is sup-
posed to be 100%. The interior concentration c(r, t) of the
tracer at location r and time t is then given by [Hall and
Plumb, 1994]:
c r; tð Þ ¼
Z ∞
0
c0 t  t′ð ÞG r; t′ð Þdt′;
where t′ is the integration variable, representing all the
apparent ages in the water parcel (from 0 to ∞ years). G(r, t′)
is the TTD at location r, giving the appropriate fraction for
each water age t′ and c0 (t − t′) is the surface water tracer
concentration in the year t − t′ to be multiplied with this
fraction. For steady transport the TTD at each interior
location can be approximated by an inverse Gaussian
function [Waugh et al., 2004], that is:










where G is the mean transit time (“mean age”) andD defines
the width of the TTD. TheD/G ratio is a measure for mixing.
The larger the ratio the stronger the mixing. Here D/G = 1 is
assumed, which has been shown to be reasonable for ocean
interior waters [Waugh et al., 2004] but has not yet been
tested for its applicability to the Mediterranean Sea. Given an
interior CFC‐12 concentration (or age) and the above ap-
proximations, the mean age of the water sample can be
constrained. Further, with the help of the atmospheric history
of anthropogenic CO2 and an alkalinity‐salinity (AT‐S ) cor-
relation for this specific area [AT = 73.7(±3.0) × S − 285.7
(±114.9) mmol kg−1] [Schneider et al., 2007] the anthropo-
genic carbon concentration was determined as follows:
Cant tð Þ ¼
Z ∞
0
Cant;0 t  t′ð ÞG t′ð Þdt′;
where t is the sampling year. The local variable r can be left
out because for each discrete water sample a new TTD is
determined.
3. Results
[8] The main focus of this work lies on the eastern basin
as only a few stations were sampled in other regions of the
Mediterranean Sea. These few data may not be fully rep-
resentative for the whole basin but all available data have
been used in the interpretation, in order to obtain a first
estimate of the anthropogenic CO2 inventory of the Medi-
terranean Sea. A detailed error analysis, including consid-
eration of uncertainties associated with incomplete sample
coverage, is provided in section 4.
3.1. Carbon and Tracers
[9] The Mediterranean Sea is known as a basin where
remineralization and evaporation dominate. The lowest CT
concentration (2150 mmol kg−1) is found in the upper 100 m
with the inflowing Atlantic water and increases toward the
east in part due to evaporation (Figure 2). With increasing
depth, addition of respiratory CO2 also leads to high CT
concentrations. Below 500 m, in the eastern basin CT stays
rather constant at about 2305 mmol kg−1. In the deep
western basin concentrations are slightly higher (up to
2330 mmol kg−1). Estimates found in the literature for the
CT concentration in the inflowing Atlantic water through
the Strait of Gibraltar are about 2100 mmol kg−1 and for the
outflowing Mediterranean water 2300 mmol kg−1 [Copin‐
Montégut, 1993; Santana‐Casiano et al., 2002; Aït‐Ameur
and Goyet, 2006]. The CT data presented here are consis-
tent with these values.
[10] Waters in the Mediterranean Sea circulate relatively
fast. Residence times in the entire basin have been estimated
from a water balance to be ∼150 yr (using data of the water
volume of the Mediterranean Sea [Menard and Smith, 1966]
and water inputs from the Atlantic Ocean [Bryden et al.,
1994], the Black Sea [Besiktepe et al., 1994], rivers
[Tixeront, 1969], and precipitation [Tixeront, 1969]). It is
therefore not surprising that the entire water column in the
Mediterranean Sea is found to contain detectable levels of
the anthropogenic tracer CFC‐12 (Figure 2). CFC‐12 in the
atmosphere has increased from 0 ppt in the 1930s to a
maximum of almost 550 ppt in 2001. Since then con-
centrations have slowly decreased. With no, or little,
atmospheric CFC‐12 change per year, the near‐surface
water and the atmosphere are expected to be close to equi-
librium and similar mixing ratios should be found in both
phases. Accordingly, the presented CFC‐12 data in the
surface water from the year 2001 show contemporary high
levels of more than 500 ppt, decreasing rapidly with depth to
around 200 ppt at 500 m. The lowest concentrations are
found between 800 and 1500 m with a value of 71 ppt in the
easternmost part of the basin. Below 1500 m the CFC‐12
mixing ratios increase again up to 220 ppt near the bottom.
This reflects the rapid deep water formation in the marginal
seas, which entrains surface water to the deep basins.
[11] The mean ages show the same main features as the
tracer concentrations (Figure 2) reflecting the direct depen-
dency of the two parameters. The westward flow of the LIW
at 150–400 m, with a renewal timescale of 10–20 yr
(determined using a series of tracer experiments based on an
eddy‐permitting general circulation model of the Mediter-
ranean [Stratford and Williams, 1997]), cannot be resolved
with these data. In contrast, one can clearly see water at
depth with mean ages of 50–60 yr and an old layer between
the very young near‐surface water and the deep water. The
separation of the eastern and the western basins of the
Mediterranean Sea at the Strait of Sicily, causes the EMDW
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to be retained in the eastern basin, where it slowly upwells
with a speed of ∼35 m yr−1 [Steinfeldt, 2004] and hence a
region of relatively old water with mean ages of more than
130 years can be found around 1200 m.
[12] According to the tracer concentration and the mean
age, anthropogenic CO2 has penetrated the entire water
column. The upper 500 m are very high in Cant with a
maximum concentrations of 70 mmol kg−1 (error range: 67–
73 mmol kg−1), the EMDW contains ∼34 mmol kg−1 (error
range: 29–39 mmol kg−1) and throughout the basin con-
centrations always exceed 20 mmol kg−1, even in the east-
ernmost part with the oldest water (Figure 2). Other studies
Figure 2. Section plots of the four parameters CT, CFC‐12, mean age, and Cant. The stations used for the
section are shown in Figure 1.
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of the global oceans show such high concentrations being
restricted to depths <2000 m [Sabine et al., 2004; Touratier
et al., 2005, 2007; Tanhua et al., 2008]. Consequently, the
Mediterranean Sea water column stores large amounts of
anthropogenic CO2, which can be explained by its high
potential to take up Cant coupled with fast deep water for-
mation in autumn and winter. This is discussed further in
section 5.1. Recently published Cant estimates, using the
TrOCA method in the Mediterranean Sea show much higher
concentrations in the surface water of up to 135 mmol kg−1
[Rivaro et al., 2010]. This implies a pCO2 increase of about
200 ppm since preindustrial times, which seems impossible.
Also in deeper layers Cant concentrations from Rivaro et al.
[2010] tend to be higher than our estimates, but increased
Cant concentrations in the relatively young WMDW and the
EMDW are not seen.
3.2. Anthropogenic CO2 Inventories
[13] Anthropogenic CO2 concentrations were integrated
vertically over 50 m layers and linearly interpolated between
layers where measurements were missing. The resulting
column inventories of Cant (Figure 1) are high relative to
those estimated for the remainder of the World Ocean. For
example the maximum observed column inventory was 154
mol m−2 (error range: 132–179 mol m−2) (integrated over a
depth of 4300 m), which is considerably higher than the
maximum column inventories of 90 mol m−2 (integrated
over ∼5000 m) estimated with the TTD method from the
GLODAP v1.1 data set in the North Atlantic [Waugh et al.,
2006]. However, the mean sampling year for the GLODAP
data set is 1994, so the time difference to the data presented
here is 7 yr. Assuming linear propagation of Cant over time
into the water column, the percentage Cant increase in the
atmosphere over this time period can be subtracted from the
Cant estimates in the water, resulting in time‐corrected col-
umn inventories for the Mediterranean Sea for the year
1994. The maximum Mediterranean inventory of Cant would
have been 133 mol m−2 (error range: 114–154 mol m−2) in
the year 1994, which remains ∼45% higher than the maxi-
mum column inventories estimated by Waugh et al. [2006]
for the global ocean.
[14] In the open ocean, anthropogenic CO2 concentrations
decrease rapidly with depth so that only the upper ocean
contributes to the Cant column inventory (nearly 50% of the
column inventory is contained within the upper 400 m of the
water column [Sabine et al., 2004; Waugh et al., 2006]). In
Figure 3. All estimated Cant concentrations (black dots) together with the mean Cant depth profile
(red line). Additionally, the error ranges resulting from the maximum and minimum values of several
assumptions are plotted (blue shading): (a) uncertainty resulting from analytical precision of ±2% or
±0.02 pmol kg−1, whichever is greater; (b) uncertainty resulting from the maximum and minimum
D/G ratios of 1.5 and 0.5; (c) uncertainty due to the CFC‐12 surface water saturation limits of 100%
and 80%; (d) uncertainty resulting from a changing CO2 disequilibrium starting with 100% in the year
1900, linearly decreasing and increasing, respectively, by 5% until the year 2000.
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contrast, Mediterranean Cant profiles are characterized by a
thick layer of minimum Cant concentrations between 500
and 2000 m with elevated concentrations both above and
below, so deep and bottom water also contributes signifi-
cantly to column inventories. See, for example, the mean
Cant depth profile shown in Figure 3.
[15] Based on our data, we have estimated the anthropo-
genic CO2 inventory of the entire Mediterranean Sea with
the corresponding uncertainty, although we note that only a
few stations were occupied outside the eastern basin. The
Cant concentrations were averaged over 50 m layers and
multiplied by the layer volume, which was calculated from a
5 min Terrain Base bathymetry (2‐Minute Gridded Global
Relief Data (ETOPO2v2), June 2006). Adding up these
layer inventories then gave the total inventory. Our data
suggest that the Adriatic Sea and the Aegean Sea have
differing Cant profile characteristics, likely related to the
direct influence of the deep water formation and the shallow
depths. This is discussed further in section 4 and section 5.1.
Therefore the Cant inventory for these two basins were
determined separately using two stations in the southern
Aegean Sea, assuming that these stations reflect the proper-
ties of the two basins better than the midbasin profiles. As a
result we obtain a total inventory of 1.7 Pg (error range: 1.3–
2.1 Pg) of anthropogenic carbon for the Mediterranean Sea in
the year 2001 (Table 1). The inventory for the eastern basin
only is 1.0 Pg (error range: 0.7–1.2 Pg) of anthropogenic
carbon. Waugh et al. [2006] estimated a total anthropogenic
carbon inventory for the Atlantic, Pacific, and Indian Ocean
of 134 Pg C in 1994. Hence, compared to the World Ocean,
the Mediterranean Sea only contains 0.3% of the water
volume but 1.1% of the Cant (after adjustment of the Medi-
terranean inventory to the year 1994). The relative fraction
(mass/volume) in the Mediterranean Sea is therefore
remarkably high compared to the global mean.
3.3. Inorganic Carbon Exchange Through the Strait of
Gibraltar
[16] The CT and the Cant fluxes through the Strait of
Gibraltar were estimated on assumption of a two‐layer
system of inflowing Atlantic surface water and outflowing
LIW in the Strait. These fluxes should, however, be viewed
with caution, as they do not arise from direct measurements
within the Strait and because they are explicitly dependent
on the water mass exchange.
[17] We assume that the 100 m depth horizon in the Strait
of Gibraltar corresponds to the border between the inflow
and the outflow [Lafuente et al., 2002]. For the flux calcu-
lations, mean CT and Cant concentrations in the respective
water masses from our three westernmost stations were used
(without those located in the Tyrrhenian Sea). Only the CT
concentrations of the inflowing Atlantic surface water were
taken from data collected west of Gibraltar [Aït‐Ameur and
Goyet, 2006]. The water volume transports and the respec-
tive CT and Cant fluxes are summarized in Table 2. We esti-
mate a net flux of 38 Tg C yr−1 (error range: 30–47 Tg C yr−1)
into the Atlantic Ocean, which agrees with previously esti-
mated fluxes [Dafner et al., 2001; Aït‐Ameur and Goyet,
2006; de la Paz et al., 2008; Huertas et al., 2009]. How-
ever, the net flux of anthropogenic CO2 is in the opposite
direction, 3.5 Tg C yr−1 (error range: −1.8–9.2 Tg C yr−1),
into the Mediterranean Sea and matches a recently published
estimate, based on the DC* method (4.2 Tg C yr−1 [Huertas
et al., 2009]). As noted earlier, Cant concentrations estimated
with the TrOCA method [Touratier and Goyet, 2004] were
much higher at depth. Aït‐Ameur and Goyet [2006] assessed
the total Cant flux entering the Atlantic at intermediate
depths through the Strait of Gibraltar with the TrOCA
method and their result is one order of magnitude higher
than the estimates based on the TTD and DC* methods. As
a result, the Aït‐Ameur and Goyet [2006] estimate gave a net
flux of Cant out of the Mediterranean Sea. This seems im-
plausible, because as long as atmospheric CO2 concentra-
tions increase, the inflowing surface waters from the
Atlantic should always have higher Cant concentrations than
deeper outflowing waters, which have not been in contact
with the atmosphere for several years. Therefore it appears
that the TrOCA method is not well suited for Cant estimation
in the Mediterranean Sea.
[18] In order to assess how much anthropogenic CO2 has
been taken up within the Mediterranean basin via air‐sea
exchange, we estimated the total Cant flux into the Medi-
terranean Sea through the Strait of Gibraltar since prein-
dustrial times and compared this to our estimate of the total
Cant inventory. We assumed a linear relationship between
the Cant increase in the atmosphere and the Cant uptake by
the Mediterranean Sea. This in turn results in a linear rela-
tionship between the Cant increase in the atmosphere and the
increase of the net Cant transport through the Strait of
Gibraltar (assuming steady state). The historical atmosphere
CO2 mixing ratios were taken from the Law Dome and the
Table 1. Water Volume, Mean Depth, Anthropogenic CO2 Inven-
tory and Mass/Volume Ratio of the Eastern Basin and the Entire
Mediterranean Sea in the Year 2001 and Adjusted to the Year
1994 for Comparison With the World Ocean in the Year 1994











Eastern Basin 2.22 1680 1.0 (0.7–1.2) 0.44
Mediterranean Sea 3.75 1500 1.7 (1.3–2.1) 0.46
Mediterranean Sea1994 3.75 1500 1.5 (1.1–1.8) 0.4
Atlantic/Indic/Pacific1994 1332.5 4000 134 (94–121) 0.1










Atlantic inflow +0.89b +722c (721–723) +21.6d (19.3–24.3)
Mediterranean outflow −0.85b −761e (753–768) −18.1f (15.1–21.2)
Net flux +0.04 −38 (30–47) +3.5 (−1.8–9.2)
aPositive values denote Fluxes into the Mediterranean Sea.
bHuertas et al. [2009].
cAveraged CT concentrations in the upper 100 m west of Gibraltar from
Aït‐Ameur and Goyet [2006].
dAveraged Cant concentrations in the upper 100 m of the three most
western stations from this work.
eCT concentrations of the three most western stations from this work,
averaged between depths of 100 and 300 m.
fCant concentrations of the three most western stations from this work,
averaged between depths of 100 and 300 m.
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Mauna Loa data sets. From 1850 to 2001 a total anthropo-
genic input of 157 Tg C (error range: −85–415 Tg C)
through the Strait of Gibraltar was determined. This accounts
for almost 10% of the total Cant inventory of the Mediter-
ranean Sea, which means that ∼90% must have been taken
up directly from the atmosphere within the basin. This
percentage seems reasonable, taking into account that the
mean residence time of the water in the Mediterranean Sea is
about 150 years. Huertas et al. [2009] estimated a con-
temporary uptake of anthropogenic CO2 from the atmo-
sphere of 25 ± 3.4 Tg C yr−1 in the Mediterranean Sea.
Again, we assumed a linear relationship between the Cant
increase in the atmosphere and the increase in the uptake
from the atmosphere by the ocean. With the estimate of
25 Tg C yr−1 [Huertas et al., 2009], the total Cant uptake
from the atmosphere since 1850 then sums up to 1 ± 0.1 Pg C,
which is around 60% of our total Cant inventory estimate of
the Mediterranean Sea. Considering the different methods,
assumptions, and uncertainties, the results appear to be
internally consistent.
4. Error Estimation
[19] In addition to the analytical error of ±2% or
±0.02 pmol kg−1 in the CFC‐12 measurements, the assump-
tions made for the subsequent calculations of Cant con-
centrations, inventories, and fluxes lead to further
uncertainties in the results which we consider to be sys-
tematic errors. To provide an estimate for these uncertainties,
all calculations were rerun as follows with realistic maximum
and minimum values for each of the assumptions used: (1) a
time‐dependent CFC‐12 saturation in surface waters that
implies undersaturation during the period of exponential
CFC‐12 increase in the atmosphere (starting with 86%) and
100% saturation since 1999, (2) a D/G ratio of 1 in the TTD
calculations, and (3) a constant air‐sea pCO2 disequilibrium
over time for the TTD approach.
[20] For the error estimation the maximum saturation of
CFC‐12 in surface waters was assumed to be 100% and the
minimum saturation 80%. Maximum and minimum D/G
ratios in the TTD calculations were set to 1.5 and 0.5,
respectively. We used the simplest assumption for the air‐
sea pCO2 disequilibrium over time and assumed that natural
sources and sinks of CO2 have remained constant. Increas-
ing CO2 concentrations in the atmosphere then only shift
them to a higher level by the additional anthropogenic pCO2
uptake. However, changes in temperature, biology, and
biogeochemistry can lead to enhancement or weakening of
the natural background sources and sinks. For instance,
Louanchi et al. [2009] modelled the transformation of the
Mediterranean Sea from a net source of 0.62 Tg C yr−1 in
the 1960 s to a net sink of −1.98 Tg C yr−1 in the 1990s. As
these changes are hard to predict and are mostly unknown,
we do not account for them in detail in our error estimation.
The three time‐series stations European Station for Time‐
series in the Ocean, Hawaii Ocean Time‐Series, and Ber-
muda Atlantic Time‐series Study, all located in the northern
subtropics, show a pCO2 increases indistinguishable from
the atmospheric pCO2 increase [Bindoff et al., 2007]. Fol-
lowing this assumes that in general the Cant uptake by the
Mediterranean Sea has tracked the CO2 increase in the
atmosphere and we apply a ±5% change over time in the CO2
disequilibrium for our error estimation. We assume a linear
variation of anthropogenic CO2 saturation starting with 100%
in the year 1900 down to 95% and up to 110% in the year
2000, respectively.
[21] To compare the effect of these uncertainties, each is
plotted with the mean midbasin Cant depth profile (Figure 3).
Figure 4a shows the minimum and maximum errors of
the column inventories, which result from the combined
uncertainties. In Figure 4b we see the mean Cant profile
with the standard deviation, which comprises the regional
differences and the analytical error. Most regional variation
occurs at depths between ∼600 and 1200 m. The crosses in
Figure 4b are data from the two stations on the southern
Aegean shelf with a maximum depth of about 1000 m
(Figure 1) and the circled dots are Cant concentrations from
stations in the shallow area around the Strait of Sicily. This
leads us to assume that shallow regions in the Mediterranean
Sea, in general, show more variability in terms of anthro-
pogenic CO2. Together with the systematic errors we can
calculate a total error (Figure 4b). To account for the map-
ping error in our total Cant inventory estimate and in the flux
calculations through the Strait of Gibraltar we use the basin‐
wide standard deviation together with the systematic errors
and propagate the resulting total error (Figure 4b) with all
inventory and flux calculations.
5. Discussion
5.1. Anthropogenic CO2 in the Mediterranean Basin
[22] The fast overturning circulation in the Mediterranean
Sea has led to an overall invasion of the anthropogenic
tracer CFC‐12 as well as anthropogenic CO2 in the basin.
Our results show that the Mediterranean Sea has taken up a
large amount of Cant on both a per‐volume and a per‐area
basis, compared to estimates of the global oceans. Surface
pCO2 has been calculated from our AT and CT measure-
ments and shows values of 400 ppm and higher throughout
the basin, suggesting a net CO2 flux to the atmosphere.
Underway pCO2 measurements in June 2005 (personal
communication, Tobias Steinhoff) were consistent with this
high surface pCO2. With increasing atmospheric CO2 con-
centrations as a result of human activity, the sea‐to‐air flux
decreases, so a net uptake of Cant takes place. The reason
why the per‐area‐uptake is higher than in other oceanic
regions seems to be due to the fast deep water formation
processes in the Mediterranean Sea combined with surface
water having a relatively low Revelle factor. A low Revelle
factor implies that, for a given change in atmospheric CO2,
the anthropogenic CO2 concentration in equilibrated surface
water will be higher than in waters with a high Revelle
factor. Due to the strong temperature dependency of the
Revelle factor, lowest values between 8 and 9 are found in
the tropics [Sabine et al., 2004], whereas in Antarctic waters,
values are as high as 15 and in the North Atlantic about 13.
In addition high alkalinity has a lowering effect on the
Revelle factor. Hence, Mediterranean water has a Revelle
factor between 9 and 10 and therewith a relatively high
uptake capacity for Cant.
[23] No samples were collected within the areas of deep
water formation, neither in the western nor in the eastern
basins. However, the two stations located in the southern
part of the Aegean Sea (Figure 1) clearly differ from all
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other stations and may reflect the properties of that basin.
Assuming that these stations are representative for both the
Aegean and the Adriatic, we used them to calculate a Cant
inventory for these marginal seas. The resulting Cant per
volume ratio of 0.63 Pg C/106 km3 is high compared to the
remainder of the Mediterranean Sea (0.46 Pg C/106 km3)
and to the World Ocean (0.1 Pg C/106 km3), suggesting that
these areas might play a major role for the uptake of Cant. In
Figure 5, station 534 (Aegean Shelf station) is compared to
the closely located station 533 (deep basin station) illus-
trating the differences in terms of Cant and mean age. Our
hypothesis is that in the Aegean and the Adriatic Seas waters
with high uptake capacity, which are preconditioned for
deep water formation, quickly cool in winter and transfer
anthropogenic CO2 into the deep basin. This scenario could
also hold for the Gulf of Lyon.
[24] The Cant estimate for the Aegean and the Adriatic
Seas has major uncertainties, both because of the lack of
data and by reason of the change in the deep water forma-
tion rate in the eastern Mediterranean Sea in the late 1980 s.
The so‐called Eastern Mediterranean Transient, identified
by Roether et al. [1996], describes the transition from a
Figure 5. Comparison of the vertical profiles of Cant and
mean age at two closely located stations. At station 533
the water depth is more than 2500 m, whereas station 534
is located on the shallower Aegean shelf.
Figure 4. (a) The column inventories in mol m−2 with estimated error limits plotted versus the bottom
depth. (b) All estimated Cant concentrations and the mean Cant depth profile are plotted together with its
standard deviation, which includes the analytical error and the spatial variations (light gray shading), the
systematic errors (gray shading), and the resulting total error (dark gray shading). The crosses are data
from two stations on the southern Aegean shelf with a maximum depth of about 1000 m (Figure 1),
and the encircled dots are Cant concentrations from stations in the shallow area around the Strait of Sicily.
The basinwide standard deviation plus the systematic errors were used to calculate the error bounds of the
Cant inventory in the Mediterranean Sea and of the fluxes through the Strait of Gibraltar.
SCHNEIDER ET AL.: ANTHROPOGENIC CO2 IN THE MEDITERRANEAN C12050C12050
8 of 11
system with a single source of deep water in the Adriatic to
one with an additional source in the Aegean Sea. This
additional source only contributes to the deep water for-
mation since about 1990 but with a threefold higher pro-
duction rate [Roether et al., 1996]. Further studies in 1997
and 1999 [Theocharis et al., 2002] showed that thermoha-
line deep water formation was still changing at that time and
that the eastern Mediterranean Sea was therefore in a tran-
sient state. A problem related to this is, that steady state is
assumed for the TTD calculations and this assumption must
be considered to be of doubtful validity in the year 2001.
Thus, future measurements with a second tracer are advised
to reduce this uncertainty.
5.2. Preformed Preindustrial pCO2
[25] There are several methods to estimate the Cant con-
centration of ocean waters and they are all based on as-
sumptions and have associated uncertainties. In order to
cross‐check the Cant estimates presented here, obtained with
the TTD method, a back‐calculation technique was also
applied to the carbon and carbon‐related data taken during
the cruise (CT, AT, oxygen, nutrients). For all stations, where
CT had been measured, the preformed preindustrial (PP)
pCO2 was determined. “Preformed” refers to the properties
of a water mass at the time when it was last in contact with
the atmosphere. Back‐calculation approaches attempt to
correct properties for all changes that have occurred since
the time that a water parcel lost contact with the sea surface.
If anthropogenic effects (e.g., elevated atmospheric pCO2)
have influenced the properties, additional correction for
these changes result in the “preformed preindustrial” con-
ditions. Accordingly, for each water sample of our profiled
stations, the PP pCO2 is an estimate for the partial pressure
of CO2 the same water mass would have had when it was
last at the ocean surface before the period of significant
anthropogenic influence.
[26] Two approaches were followed to calculate the PP
pCO2. First, CT was simply corrected for respiration using the
apparent oxygen utilization (AOU) and a C:−O2 Redfield
ratio of 0.76 [Körtzinger et al., 2001]. It was assumed that
the carbonate alkalinity AC is conservative, that is, there is
no carbonate dissolution, because Mediterranean waters are
supersaturated throughout the water column with respect to
calcite and aragonite [Schneider et al., 2007] (the “conser-
vative AC approach”). Second, variation of AC was allowed
and CT was corrected for respiration and for changes due to
carbonate dissolution (the “nonconservative AC approach”).
In both approaches the TTD‐based estimate of Cant was
subtracted, resulting in an estimate of PP CT. To calculate
the PP pCO2 from PP CT in the conservative AC approach
the measured alkalinity was corrected for NO3
− release by
biological remineralization. In the nonconservative AC
approach the salinity derived alkalinity was determined from
the surface relationship AT = 73.7S − 285.7 mmol kg−1
[Schneider et al., 2007]. In both cases it was assumed that
AT has not changed from its preindustrial values. The PP
pCO2 was calculated with the software program CO2SYS
[Lewis and Wallace, 1998] using the carbonic acid disso-
ciation constants (K1 and K2) from Mehrbach et al. [1973]
as refitted by Dickson and Millero [1987] and the dissoci-
ation constant for HSO4
− from Dickson [1990]. In Figure 6
the PP pCO2 of the two approaches is plotted versus
depth. Both profiles do not show much variation with depth,
indicating that, on the whole, the estimates for Cant and
respiration, which both have very different and varying
depth profiles, are reliable.
[27] With the nonconservative AC approach the PP pCO2
is scattered around 270 ppm, implying that surface waters
were almost in equilibrium with atmospheric CO2 con-
centrations in the preindustrial period. Looking at the cor-
responding alkalinities in Figure 7, it becomes apparent that
in this case there must be a significant alkalinity addition by
carbonate dissolution, especially below 500 m. However,
the calcite and aragonite saturation state of the Mediterra-
nean Sea is high throughout the water column, hence car-
bonate dissolution seems unlikely. Furthermore, a gradual
increase of alkalinity with depth would be expected but is
not seen.
[28] The conservative AC approach results in a lower PP
pCO2 around ∼250 ppm, implying that surface waters, which
feed the deep waters, were undersaturated with respect to
CO2 during the preindustrial period. If this approach were
valid, the surface AT‐S correlation used in the nonconser-
vative AC approach would not apply to the waters that
supply the deep waters, and an explanation for the low pCO2
of ∼250 ppm is needed. We note that in the eastern basin,
the water below 500 m has its origin in the deep water
formation areas of the Adriatic and, since the late 1980s,
also of the Aegean Sea. An exchange with the western basin
is inhibited by the shallow Strait of Sicily. Hence the pre-
formed surface characteristics of this water body are set in
the Adriatic and the Aegean Seas. Compared to surface
waters in midbasin, from which the AT‐S relationship was
determined, a steeper AT‐S correlation might be expected in
these areas, because they are highly influenced by the inflow
of rivers and the Black Sea, both carrying high alkalinities
[Schneider et al., 2007]. Using such a relationship to deter-
mine the preformed alkalinities would shift them closer to
the values used in the conservative AC approach. During deep
water formation in autumn and winter, cold winds rapidly
cool the high salinity surface waters in the marginal seas and
cause pCO2 to decrease. This very dense water probably
Figure 6. Scatterplot of the preformed preindustrial pCO2
estimates, determined with (left) the conservative AC
approach and (right) the nonconservative AC approach.
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sinks before equilibrium with the atmosphere is reached and
a PP pCO2 of less than 280 ppm could be expected. pCO2
measurements in the Aegean Sea in February 2006 support
this, since the surface waters were undersaturated relative to
the contemporary atmosphere [Krasakopoulou et al., 2009].
For these reasons, the conservative AC approach is favored
over the the nonconservative AC approach and the resulting
estimates of preindustrial preformed pCO2 appear to be rea-
sonable, which in turn suggests that our TTD‐based esti-
mates of Cant are accurate.
6. Conclusions
[29] The results presented here show that substantial
anthropogenic carbon is present throughout the water col-
umn over the entire Mediterranean Sea. The column
inventories with a maximum of 154 mol m−2 (error range:
132–179 mol m−2) are high compared to those in other areas
of the World Ocean. The total inventory of 1.7 Pg of
anthropogenic carbon has an error range of at least 1.3–
2.1 Pg C. We estimate that there is a net flux of anthropo-
genic carbon through the Strait of Gibraltar into the Medi-
terranean Sea of 3.5 Tg C yr−1 (error range: −1.8–9.2 Tg C
yr−1) but that about 90% of the total Cant inventory in the
basin has been taken up directly from the atmosphere via gas
exchange. Nevertheless, the Mediterranean is a source of
anthropogenic CO2 for intermediate depths in the Atlantic
Ocean, since the dense water formed in the Mediterranean
Sea spills out of the Strait of Gibraltar and transports Cant to
depth and, as noted by Álvarez et al. [2005], this entrains
additional Cant from central Atlantic waters. To reduce the
mapping error associated with the basinwide extrapolation
and the flux estimates, tracer measurements in the areas
where no samples have been taken are needed, especially in
the marginal seas, in the western basin and in the Strait of
Gibraltar. Measurements of a second tracer (e.g., SF6) are
important in order to constrain the D/G ratio and therewith
to reduce the uncertainty in the TTD method. Furthermore,
knowledge about the saturation state of CFC‐12 in areas
where the water subducts (Gulf of Lyon, Adriatic Sea,
Aegean Sea, Levantine basin) would help to reduce the errors
in the age calculations. The effect of changing deep water
mass formation over the past 20 years implies that a repeat
survey of Cant in the basin is required to validate assump-
tions of the TTD approach. Despite the uncertainties and
assumptions the results of the back‐calculated PP pCO2 with
the conservative AC approach suggest that the TTD method
gives a reasonable estimate for the Cant concentrations.
Further measurements of alkalinity in the marginal seas are
necessary, however, to confirm the hypothesis that the sur-
face relationship between salinity and alkalinity is steeper in
the deep water formation areas than in midbasin and the
implication that no carbonate dissolution takes place in the
Mediterranean Sea.
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An evaluation of tracer measurements and
anthropogenic carbon in the equatorial and
the tropical North Atlantic
The basis of this work are combined dichlorodifluoromethane and sulfur hexaflu-
oride measurements from four cruises to the tropical Atlantic between 2006 and
2009. Anthropogenic carbon concentrations are estimated using the transit time
distribution method. The ratio of mean age and width, which is one assumption
in the transit time distribution approach, has been determined to be 0.5 for the
upper 1500 m in the tropical region. At depth anthropogenic carbon concentrations
>3 µmol kg−1 are found down to 5000 m. In the upper Labrador Sea Water, at
around 1800 m, increased anthropogenic carbon concentrations of 5 - 10 µmol kg−1
are found. Comparison with tracer data from a N-S section crossing the equator
along 23◦W, that had been in 1999, revealed a anthropogenic carbon increase of
5 - 10 µmol kg−1 for the upper 700 m and no or little change at around 1000 m.
The equatorial belt (5◦S - 5◦N) shows increased anthropogenic carbon concentra-
tions compared to the area north of it (5◦ - 15◦N). Mean column inventories in the
upper 1000 m are 4 µmol kg−1 higher and the total anthropogenic carbon inventory
is increased by 35%. This trend has not been described in the past.
1 Introduction
The atmospheric carbon dioxide (CO2) increase of more than 100 ppt since the late 18th century
is exceptional in earth history and has been clearly ascribed to anthropogenic emissions. About
50% of the anthropogenic CO2 (Cant) has been taken up by the ocean and the biosphere
[Denman et al., 2007], which delayed the warming effect in the atmosphere. Quantifying the
oceanic uptake is difficult as Cant cannot be distinguished from the natural CO2 background.
Different methods have been developed to estimate the oceans Cant inventory and regions of
increased uptake have been identified. In this context, the upwelling regions in the tropical
Atlantic Ocean might play a considerable role for the Cant uptake because in upwelling regions
older water, that has been traveling in the ocean interior for several years, comes up to the
surface. Due to remineralization of organic matter this water has increased inorganic carbon
concentrations and thus is a source of CO2 for the atmosphere. However, at the same time it is
a sink for anthropogenic CO2 because the magnitude of the CO2 source has decreased, due to
higher atmospheric CO2 concentrations compared to conditions in the upwelling zone during
preindustrial times.
The tropical Atlantic Ocean is affected by a multitude of zonal currents. Induced by the
trade winds a westward surface water current, the Equatorial Current (EC), is found at the
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equator and is accompanied by poleward Ekman transport north and south of the equator. This
leads to upwelling along the equator associated with lower water temperatures. The so called
’cold tongue’ develops in northern summer, when the trade winds are strongest. The poleward
flowing surface waters loose contact with the atmosphere when they reach the subduction
zones of the Subtropical Gyres and return back to the equator at depths around 300 - 500 m
[Schott et al., 2004]. These shallow overturning circulations are named the Subtropical Cells
(STC). The southern STC is intensified due to the Meridional Overturning Circulation, which
transports warm water towards the north in the North Brazilian Undercurrent. Below the
westward flowing EC, the Equatorial Undercurrent flows in opposite direction, as well as the
North and the South Equatorial Undercurrents at around 5◦N and 5◦S, respectively. A cyclonic
circulation in the shadow zone south and southeast of the northern Subtropical Gyre causes
the permanent, quasi-stationary Guinea Dome [Siedler et al., 1992], which is mainly fed by
the North Equatorial Undercurrent [Schott et al., 2004]. Ekman upwelling occurs both, in the
Guinea Dome and along the coast. Similar features are also found in the southern hemisphere.
The intermediate and deep zonal currents in the equatorial region are influenced by cur-
rents from the northern and the southern hemisphere. These are the North Atlantic Deep
Water (NADW) coming from the north as part of the Deep Western Boundary Current and
the Antarctic Intermediate Water (AAIW) coming from the south along the South American
continent. At low latitudes both water masses are partly deflected towards the east and can
be detected along the equator. The NADW is separated into the upper and the lower NADW,
which both show increased chlorofluorocarbon (CFC) concentrations [Weiss et al., 1985; Rhein
et al., 1995; Rhein and Stramma, 2005]. The upper NADW is also named upper Labrador Sea
Water (LSW).
The water, that comes up to the surface in the equatorial upwelling region, is a mixture
of the water masses participating in the Subtropical Cells. Of major interest for the Cant
uptake is the contribution of water that has not been in contact with the atmosphere since
CO2 concentrations started to increase. This could be the case for AAIW, that has been
circulated around the southern Subtropical Gyre before entering the equatorial region [Warner
and Weiss, 1992; Stramma and Schott , 1999] and for Indian Central Water brought into the
Atlantic Ocean by the Agulhas Current [Tomczak and Godfrey , 1994].
On several recent cruises to the tropical Atlantic, dichlorodifluoromethane (CFC-12) and
sulfur hexafluoride (SF6) concentrations were determined. With the help of these tracer mea-
surements the mean ages of the different water masses in the eastern tropical Atlantic are cal-
culated and differences in age distribution and Cant concentration between the Guinea Dome
area and the equatorial band are highlighted. Further, the column inventories of anthropogenic
carbon of all sampled stations are determined and estimates for the total Cant inventory of the
equatorial and the Guinea Dome regions are given.
2 Methodology
2.1 Water samples
Between 2006 and 2009 four cruises were undertaken to the tropical Atlantic. Three cruises
with the R/V Meteor (M68/2 in 2006 and M80/1 and M80/2 in 2009) and one cruise with the
R/V Maria S. Merian (MSM10/1 in 2008). The stations of the four cruises that were sampled
for tracers are shown in figure 1. Cruises MSM10/1 and M80/2 were part of a tracer release
experiment. Following the tracer release in 2007, the tracer concentration and distribution
has been surveyed once a year to study circulation and upwelling processes in the area. This
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explains the unique cruise tracks and the high sampling density. Altogether almost 6000 CFC-
12 and 1200 SF6 samples were taken. Generally, the upper 1000 - 1500 m of the water column
were sampled, with some additional deep stations. Most samples were measured onboard and
only a subset of about 100 samples were flame sealed and taken back for shore-based analysis.
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Figure 1: Sampled stations of all cruises to the tropical Atlantic. Red dots indicate the stations
where SF6 was measured additionally to CFC-12. On map (a) three sections that were sampled
for trichlorofluoromethane (CFC-11) in the year 1999 are highlighted in gray [Touratier et al.,
2005].
Two slightly different purge and trap systems, both followed by gas chromatography, were
used for the tracer analysis. The first one (system A) is a system similar to that described
by Bullister and Weiss [1988] and is not suitable for measuring SF6, because cooling of the
trap is achieved with Peltier elements reaching minimum temperatures at −45 to −50◦C. For
quantitative detection of SF6 temperatures of about −60◦C are necessary. Samples for system A
are collected in glass syringes and are measured directly onboard. The second system (system B)
uses liquid nitrogen for cooling of the trap to −60◦C and thus CFC-12 and SF6 can be trapped
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simultaneously. Samples are collected in glass ampoules and can be measured directly onboard
or be flame sealed for later analysis. The precolumn of system B is a 30 cm 1/8 ′′ stainless steel
tubing packed with Porasil C. The main column is a 2 m 1/8 ′′ stainless steel tubing packed
with 180 cm Carbograph and 20 cm molecular sieve 5A˚. During one cruise (MSM10/1 in 2008)
capillary columns instead of packed columns were used for the gas chromatographic separation
(system B?). The precolumn used for system B? is a 1/8 ′′ stainless steel tubing packed with
50 cm Porasil C and 50 cm molecular sieve 5A˚. The main column is a combination of two
capillary columns arranged in series. The first one is a 75 m DB624 and the second one a 30 m
RT-molecular sieve 5A˚.
The precision of the CFC-12 measurements for the different cruises using system A was in the
range of ±1 to 1.9% or ±6 to 10.8 fmol kg−1, whichever was greater. For system B the precision
ranged from ±3.8 to 6% or ±40 to 50 fmol kg−1. The precision of the SF6 measurements could
only be determined for two cruises. For M80/2 it was ±10% or ±0.05 fmol kg−1, whichever
was greater and for MSM10/1 (system B?) the SF6 precision was ±2.2%.
For direct comparison with the atmospheric mixing ratios, the measured tracer concentrations
are converted into equivalent mixing ratios, which are calculated as:
Equivalent mixing ratio =
c
F (T, S) · (Patm − PH2O(T, S))
,
where c is either the CFC-12 or the SF6 concentration in pmol kg−1, F (T, S) is the temperature
and salinity dependent solubility function for each of the gases in mol kg−1 atm−1 [Warner
and Weiss, 1985; Bullister et al., 2002], Patm is the mean atmospheric pressure in atm and
PH2O(T, S) is the temperature and salinity dependent partial pressure of water vapor [Weiss
and Price, 1980].
2.2 Anthropogenic carbon calculation
Using the Transient Time Distribution (TTD) method, the mean age and the anthropogenic
carbon concentration can be estimated. The TTD method assumes that a water parcel consists
of waters with varying time histories. Instead of a single age, each water parcel has an age or
transit time distribution. Using the measured transient tracer concentration together with its
atmospheric time history, the TTD and mean age can be determined for each water sample.





where c0(t − t′) is the surface water tracer concentration in the year t − t′. G(t′) is the TTD,












where Γ is the mean transit time (’mean age’) and ∆ defines the width of the TTD.
Further, in combination with the atmospheric histories of CO2 and a regional alkalinity-






where t is the sampling year.
For the TTD calculations 100% saturation has been assumed for surface waters with respect
to SF6 and a time dependent saturation, as estimated by Tanhua et al. [2008] has been used
for CFC-12. The atmospheric time history of SF6 was taken from Maiss and Brenninkmeijer
[1998] combined with measurements made since 1995 by the National Oceanic & Atmospheric
Administration [NOAA/ESRL, 2011]. For CFC-12 the atmospheric time history from Walker
et al. [2000] was used and continued from 1998 onwards with measurements from the National
Oceanic & Atmospheric Administration [NOAA/ESRL, 2011]. Given that waters in the equato-
rial Atlantic have their origin in both hemispheres, a global mean was used for the atmospheric
time histories of both tracers. The past CO2 concentrations in the atmosphere are merged from
reconstructions from the Law Dome ice core [Etheridge et al., 1996] and since 1959 from direct
measurements at the Mauna Loa, Hawaii [Tans, 2011]. A constant CO2 disequilibrium has been
assumed between ocean surface waters and the atmosphere. The alkalinity-salinity relation-
ship in the tropical region, used to convert the anthropogenic part of the atmospheric carbon
mixing ratios (in ppt) into dissolved anthropogenic carbon concentrations (in µmol kg−1), was
determined from total alkalinity (AT) and salinity measurements during the M68/2 and M80/1
cruises (AT = 66.7 ·S − 45.9 µmol kg−1).
The ratio of the constants ∆ and Γ in the inverse Gaussian function is a measure for mixing.
A larger ratio implies stronger mixing. For ocean interior waters it has been shown, that the
usage of a ∆/Γ ratio of 1 is appropriate [Waugh et al., 2004]. Whether this ratio is applicable
for the upper 1500 m of the tropical Atlantic has not been tested. However, on the basis
of two transient tracers with differing atmospheric time histories, e.g. CFC-12 and SF6, the
appropriate ∆/Γ ratio can be approximated.
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Figure 2: The SF6 based Cant estimates are plotted against the CFC-12 based Cant estimates.
Colour coded are the CFC-12 concentrations in ppt. The black line indicates a one to one
relation. (a) ∆/Γ = 1 has been used to calculate Cant. (b) ∆/Γ = 0.5 has been used to calculate
Cant.
To do so, the Cant concentrations are determined initially based on CFC-12 measurements
and a second time based on SF6 measurements using the same ∆/Γ ratio. As indicator for the
appropriate ∆/Γ ratio, the resulting Cant estimates from all cruises are plotted against each
other (Fig. 2). Panel (a) shows the Cant concentrations estimated with a ∆/Γ ratio of 1 and
panel (b) with a ∆/Γ ratio of 0.5. When using the appropriate ∆/Γ ratio a one to one relation
would be expected (black lines). Colour coded are the CFC-12 concentrations in ppt. The
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increasing scatter at low CFC-12 concentrations is suggestive of a blank problem especially in
the SF6 measurements, because these concentrations are close to the detection limit. The ∆/Γ
of 1 in panel (a) does not fit the observations well. The value of 0.5 in panel (b), instead,
gives a much more consistent agreement between the tracers. At high CFC-12 concentrations
(younger waters) a deviation of the data from the one to one line is apparent. This deviation is
presumably caused by the decreasing gradient in the atmospheric CFC-12 concentrations, which
is reflected in the water concentrations in figure 3(a) and which makes it difficult to determine
the appropriate age and corresponding Cant concentration. Tanhua et al. [2008] found, that
for waters exceeding ˜450 ppt, the uncertainty in the CFC-12 based Cant estimates increases.
This limit seems to be in agreement with our data, as the data points greater than 450 ppt in
CFC-12 are the ones varying from the linear relationship. From figure 2 it becomes clear that
a ∆/Γ ratio of 1 is not applicable for the upper 1500 m in the tropical Atlantic. Instead, less
mixing is assumed and a ∆/Γ of 0.5 is used to calculate the mean age and the anthropogenic
carbon concentrations.
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Figure 3: (a) and (b) show depth profiles of the CFC-12 (black) and SF6 (red) measurements
from all cruises to the tropical Atlantic. (a) The tracer concentrations in pmol kg−1, where the
SF6 values are multiplied by 1000. (b) The tracer equivalent mixing ratios in ppt, where the
SF6 values are multiplied by 100. The magenta line indicates the CFC-12 border of 450 ppt. (c)
The SF6 based Cant estimates plotted against the CFC-12 based Cant estimates. Data points
with CFC-12 concentrations between 450 and 540 ppt are highlighted in red and the transfer
function is illustrated.
Figures 3(a) and (b) show the depth profiles of CFC-12 and SF6 in µmol kg−1 and in ppt.
In the upper 100 to 200 m, where CFC-12 samples exceed 450 ppt, indicated by the magenta
line, a pronounced vertical gradient can only be seen in the SF6 data. This is due to the hardly
changing atmospheric CFC-12 concentrations in the last two decades. All samples with CFC-
12 concentrations greater than 540 ppt are therefore assumed to be recently ventilated and
the tracer age is set to zero, which means that the Cant concentrations are only influenced by
the carbonate system parameters. For samples with CFC-12 concentrations between 450 and
540 ppt, the SF6 measurements are used to calculate the Cant concentrations, as they give more
reliable results. When no SF6 measurements were available, a transfer function was applied to
the CFC-12 based Cant estimates. This function (y = 1.3 ·x − 14) was determined by linear
correlation between all existing pairs of SF6 based and CFC-12 based Cant estimates for samples
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with CFC-12 concentrations between 450 and 540 ppt (Fig. 3(c)). This function would adjust
the data to match the one to one relationship in figures 2 and 3(c).
3 Results and Discussion
3.1 Hydrography and vertical profiles
The main water masses in the region can be identified with the help of a temperature-salinity
(T -S) diagram, shown together with the isopycnals in figure 4. The upper LSW and the AAIW
have a potential density (σΘ) of 27.75 kgm−3 and 27.3 kgm−3, respectively. Both are clearly
defined in the equatorial band (5◦S - 5◦N), highlighted in red. The Central Water (CW) with
a core density of 26.5 kgm−3 extends almost linear across the T -S diagram. South of 15◦N the
origin of the CW lies mainly in the South Atlantic and Stramma and Schott [1999] described
the South Atlantic Central Water (SACW) as a straight line between the T -S points 5◦C, 34.3
and 20◦C, 36.0. This is the same T -S curve as of the Indian and the Western South Pacific
Central Waters [Tomczak and Godfrey , 1994]. According to Tomczak and Godfrey [1994] part
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Figure 4: T -S diagram of all sampled stations in the tropical Atlantic. Some characteristic
water masses described in the text can be identified with the help of isopycnals. Red dots
indicate the stations located in the equatorial region between 5◦N and◦S.
(NACW) is found at higher salinities. The reason why samples in the T -S diagram north of
5◦N have higher salinities is that SACW mixes with NACW in this area. The 25.8 kgm−3
isopycnal represents the lower boundary of the Tropical Surface Water. Especially in the area
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of the Intertropical Convergence Zone (ITCZ) (located at around 10◦N in northern fall), the
warm surface waters are characterized by relatively low salinities due to precipitation. These
decreasing salinities are more pronounced in the samples north of 5◦N (Fig. 4, black dots).
Figure 5 shows the depth profiles of oxygen, mean age and anthropogenic carbon over the
entire water column. The vertical oxygen distribution (a) illustrates the pronounced oxy-
gen minimum zone found between 400 and 500 m. Lowest oxygen concentrations are about
40 µmol kg−1 and are far from being suboxic (oxygen concentrations of <4.5 µmol kg−1 are
defined as suboxic [Warren, 1994; Morrison et al., 1999]). Comparing the oxygen profile with
the profile of the mean age (b) demonstrates that no age maximum is present at the depth
of the oxygen minimum. Hence, the low oxygen concentrations seem to be the consequence
of enhanced remineralization combined with increasing water age. The Cant concentrations
(Fig. 5(c)) are highest at the surface and decrease from maximum values of 75 µmol kg−1 down
to about 5 µmol kg−1 at 1000 m depth. A relative Cant maximum around 1800 m represents
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Figure 5: Depth profiles over the entire water column of (a) oxygen, (b) mean age and (c)
anthropogenic carbon. All samples from the cruises to the tropical Atlantic between 2006 and
2009 are shown.
A comparison of the tracer measurements and the Cant estimates with data from Touratier
et al. [2005] exhibits the same characteristics in the water column. Figures 6(a) and (c) show
CFC-11 measurements made on three N-S sections between 6◦S and 6◦N (see figure 1(a)) in
1999 [Touratier et al., 2005] and the CFC-12 measurements on the same sections from this work,
respectively. CFC-11 is more soluble in sea water than CFC-12, which has lead to higher equi-
librium concentrations of CFC-11 in surface water (Fig. 7(a)). However, the relation between
the equilibrium concentrations is not constant because of the varying atmospheric histories of
CFC-11 and CFC-12 (Fig. 7(b)). Consequently, CFC-11 concentrations are about twice as high
in middle-aged waters and the CFC-11 to CFC-12 ratio decreases in older waters and some-
what in younger waters of the upper water column. Figure 6(b) shows the Cant concentrations
computed from the so called ’Tracer combining Oxygen, inorganic Carbon and total Alkalinity
approach’ (TrOCA) [Touratier and Goyet , 2004], using measurements of oxygen, dissolved in-
organic carbon and total alkalinity from the cruise in 1999. In figure 6(d) the Cant estimates
are calculated with the TTD method, using the shown CFC-12 concentrations. Like in the
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tracer profiles, the maxima in the upper LSW and the lower NADW can be clearly identified in
both Cant estimates. The mean Cant concentrations based on the TrOCA method are about 5 -
10 µmol kg−1 higher than the estimates based on the TTD method (especially below 1000 m),
and show much more scatter. The scatter could originate from regional variations given that
considerable scatter is also seen in the CFC-11 data. However, these regional variations would
presumably be present in the CFC-12 measurements, which were sampled on the identical sec-
tions. Nevertheless, both approaches show that the entire water column has been penetrated
by Cant.
(a) (b)














Student Version of MATLAB
(c)















Student Version of MATLAB
(d)
Figure 6: The upper two panels show results from a cruise in 1999 to the tropical Atlantic
[Touratier et al., 2005] and are compared to data in the bottom two panels from the cruises,
which are subject of this work. (a) CFC-11 concentrations measured in 1999. (b) Anthro-
pogenic carbon estimates based on the TrOCA approach. (c) CFC-12 concentrations from
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Figure 7: (a) Estimated surface water equilibrium concentrations of CFC-11 and CFC-12 in
pmol kg−1 at a temperature of 25◦C over the past 60 years. (b) Ratio of the equilibrium
concentrations over the past 60 years.
3.2 Hydrographic sections
During the four cruises, which form the basis for this work, a considerable number of stations
has been occupied on a N-S section along 23◦W and crossing the equator. All measurements in
the upper 1500 m around 23◦W from the four cruises have been combined to create the section
plot of anthropogenic CO2 in figure 8(a). The fact that stations were sampled at the same
latitudes on repeated cruises, the uncertainty in the measurements and temporal variation of
the tracer concentrations (samples taken between 2006 to 2009) lead to occasional sharp breaks
appearing in the contour plot.
Highest Cant concentrations are found in surface waters decreasing rapidly with depth. Mixed
layer concentrations north of 6◦N are about 10 µmol kg−1 lower than south of 6◦N. This can
be attributed to increased precipitation in the vicinity of the ITCZ, leading to dilution and
a related change in the Revelle factor. As in the Cant depth profile, on the 23◦W section a
Cant minimum is observed around 1000 m. These depths are occupied by AAIW and Upper
Circumpolar Water (a water mass located below the AAIW) [Oudot et al., 1999]. In the
northern hemisphere, concentrations below 10 µmol kg−1 seem to be extended over a wider
depth range. Below 1000 m Cant increases again due to the upper LSW, which brings younger
water in the area.
The CFC-11 measurements made on the 23◦W section in 1999 [Touratier et al., 2005] were
now used to calculate Cant concentrations with the TTD method in the same way as described
for CFC-12 data. In figure 8(b) the Cant concentration on the 23◦W section in the year 1999 is
plotted and reveals the same distribution pattern as in the years 2006 to 2009 (Fig. 8(a)). To
illustrate the change in anthropogenic carbon during the 7 - 10 year period (mean 8.5 years), the
concentrations were subtracted from each other. The resulting difference (∆Cant) is attributed
to an increase in anthropogenic carbon. The ∆Cant section is shown in figure 8(c). In the upper
700 m a general Cant increase can be observed. The distribution is very patchy with ∆Cant
values between 5 - 15 µmol kg−1, which could be caused by the zonal currents in the equatorial
region. At the equator at around 200 m depth the Equatorial Undercurrent is visible with very
low change in Cant of less than 5 µmol kg−1. North and south of it, small ∆Cant could represent
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Figure 8: Section plot of Cant concentrations at 23◦W. (a) TTD based Cant estimates using
CFC-12 and SF6 measurements from 2006 - 2009. (b) TTD based Cant estimates using CFC-11
measurements from 1999. (c) The difference (∆Cant) between the two estimates.
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the North and the South Equatorial Undercurrents, respectively.
The mean annual pCO2 increase in surface waters has been estimated to be 1.5 µatm [Taka-
hashi et al., 2009]. This corresponds to an increase in dissolved inorganic carbon of ˜8 µmol kg
−1
for a time period of 8.5 years. Between the years 1983 and 1993 a mean annual pCO2 increase of
about 2.3 µatm was found in the eastern equatorial Atlantic [Oudot et al., 1995], which would
correspond to an increase of dissolved inorganic carbon of ˜12 µmol kg
−1 in 8.5 years. Hence,
the high ∆Cant values of up to 15 µmol kg−1 in the mixed layer (Fig. 8) might be a slight over-
estimation caused by low-biased Cant estimates in surface waters based on CFC-11 data. In the
AAIW at around 1000 m depth the average ∆Cant is zero. In the upper LSW again an increase
is observed. On a repeatedly sampled meridional Atlantic section A16 from Iceland to 56◦S,
decadal Cant changes between 0 and 8 µmol kg−1 were found in the upper 1000 m of the low
latitudes [Wanninkhof et al., 2010]. Below that depth there was almost no change. The authors
used an eMLR approach along density surfaces between cruises in 1989/1993 and 2003/2005,
resulting in a rather smooth ∆Cant distribution, which is in general agreement with the findings
presented here. The patchiness in our data could be attributed to changes in oceanographic
features with vertical structure, such as eddies, Rossby waves and movement of fronts, features
normally ’neutralized’ by the eMLR approach.
3.3 Density surfaces
The high vertical and horizontal sampling density between 15 - 30◦W and 5 - 15◦N (the area
where the tracer had been released and referred to as ’patch’ in the following) allows a detailed
investigation of the area in comparison with the equatorial region. The mean age distribution
and the anthropogenic carbon concentration on different depth horizons are examined in order
to find regional differences and to possibly identify ventilation pathways of the oxygen minimum
zone. Four characteristic isopycnals were chosen. The potential density of 26.5 kgm−3 (100 -
200 m) is the core of the Central Water and the lower Equatorial Undercurrent. The core of
the oxygen minimum zone (˜400 m) is found at σΘ = 27.1 kgm
−3, which is also the border
between the CW and the AAIW. The AAIW (˜800 m) has a potential density of 27.3 kgm
−3.
As additional layer, σΘ = 26.85 kgm−3 was chosen. This was the density where the tracer had
been released and thus the sample density has been extremely high at that depth during the
tracer hunt cruises.
In figure 9 the mean age and the Cant concentrations are shown on the isopycnal layers. The
CW exhibits low mean ages (15 - 30 yrs) and high Cant concentrations (around 45 µmol kg−1).
In the northern parts, the CW is older and carries lower Cant concentrations. As the Cape Verde
Frontal Zone at around 15◦N separates the NACW and the SACW [e.g., Siedler and Onken,
1996], these higher mean ages could be due to the fact that the tropical Central Water mainly
consists of northward spreading SACW. At σΘ = 26.85 kgm−3 differences within the patch that
seemed homogeneous in the CW layer, are noticeable. Older waters are found in the south-
eastern part (difference of up to 15 years) with corresponding lower Cant concentrations, which
could be caused by varying contributions (vertically and seasonally) of the North Equatorial
Untercurrent and the North Equatorial Countercurrent in the area. Using CTD (Conductivity,
Temperature, Depth sensor) hydrography data, ADCP (Acoustic Doppler Current Profiler)
velocities and Argo float trajectories, Stramma et al. [2008] found that the ventilation of the
oxygen minimum zone in the area south and east of the Cape Verde Islands is weaker at 300 to
600 m depth than at 150 to 300 m depth. The northwestern part of the patch and the equatorial
region exhibit similar ages and Cant concentrations. Stronger differences between the equatorial
and the northern region become visible with increasing depth (Fig. 9(e) - (h)). Younger waters
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Figure 9: Mean age [yrs] and Cant concentrations [µmol kg−1] at characteristic potential densi-
ties (σΘ [kgm−3]). (a) and (b) Central Water, (c) and (d) Tracer release, (e) and (f) Oxygen
minimum zone, (g) and (h) Antarctic Intermediate Water.
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are found in the oxygen minimum zone layer (σΘ = 27.1 kgm−3) and also in the AAIW layer
(σΘ = 27.3 kgm−3) of the equatorial band. North of 15◦N the water ages also seem to be
younger than in the patch, but there are too few data to confirm this. In the AAIW layer very
young waters are found close to the Brasilian coast, south of the equator. This is supposed
to be the water coming from the south, moving towards the east at the equator. Along the
equator, mean ages and Cant concentration show a uniform distribution at all depths. Overall,
figure 9 shows that water ages vary considerably on the isopycnals, which seems to be the main
reason for the different Cant concentrations.
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Figure 10: Four isochrones (layers of the same mean age) are plotted against water depth in
the sampling area. The colour code illustrates the relative depth variations for each isochrone.
Figure 10 visualizes four different layers of the same mean age (isochrones) in a space spanned
by longitude, latitude and depth. For the sake of clarity, the four isochrones are plotted in four
separate panels. In addition, the relative depth variations are indicated by the color code.
(Samples on the 34◦W section have been left out.) The isochrones are (a) 10 - 15 years, (b)
30 - 35 years, (c) 55 - 60 years and (d) 80 - 85 years. In general, an elevation (decline) on an
isochrone could be an evidence for upwelling (downwelling) or for the lateral inflow of older
(younger) water. A defined elevation would also be expected in a region of reduced ventilation,
where the water recirculates and the age increases. Here, in all four panels, a deepening of
the isochrones towards the equator is apparent, which could be attributed to the strong zonal
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currents. Apart from that, panel (a) shows a rather homogeneous pattern. The panels (b) and
particularly (c) reveal two clear elevations centered at 5◦N/22◦W and 6◦N/17◦W, which are
located in the area of the Guinea Dome and thus can be attributed to the upward displacement
of the isopycnals in the dome. Siedler et al. [1992] localized the upper thermocline center of the
dome at about 9◦N/25◦W in summer but mentioned that these positions are not well defined
as they also found a double-cell structure. In the 80 - 85 years layer the Guinea Dome region
is more homogeneous and the decline towards the equator is most pronounced.
Both, the Guinea Dome and the Equator are known as areas of regional upwelling. The well-
established upward displacement of isopycnals in the Guinea Dome region can be identified in
the isochrones as uplifting of older water (Fig. 10). In the equatorial region the upwelling is
rather a diffusive process that cannot be seen in the mean age distribution, due to the much
stronger influence of the zonal currents.
3.4 Inventories
3.4.1 Column inventories
Column inventories demonstrate regional differences in the amount of Cant stored in the water
column per square meter, depending also on the water depth. Figure 11 shows the column
inventories of the upper 1000 m of the tropical Atlantic. Below 1000 m the sample density is
too poor to calculate distinct column inventories for each station. From 5◦S to 5◦N the Cant
inventories are about 4 molm−2 higher than north of 5◦N. Next to the map in figure 11 the
depth profiles of the Cant concentrations north and south of 5◦N are plotted and demonstrate
the difference between the two regions. North of 5◦N Cant concentrations are high in a thin
surface layer and then rapidly decrease. In the equatorial band a more moderate decrease is
apparent, which leads to overall higher column inventories.
A column inventory over the entire water column has been estimated with mean Cant values
below 1000 m, due to the sampling sparseness at depth. On average the entire column in-
ventories are 48 molm−2 with a maximum of 55 molm−2 and a minimum of 42 molm−2. The
column inventories estimated by Gruber [1998] (based on the ∆C* method) for the latitude belt
from the equator to 10◦N in the year 1982 gave a mean value of 29 molm−2. The global Cant
column inventory maps byWaugh et al. [2006] (based on the TTD method) and by Sabine et al.
[2004] (based on the ∆C* method) for a mean sampling year of 1994, show column inventories
of about 40 molm−2 and 38 molm−2, respectively, for the equatorial region. Considering the
time difference of 25 years (1982 - 2007) and 13 years (1994 - 2007) between these estimates
and the present work, the findings seem in good agreement.The percentaged atmospheric Cant
increase between the sampling years is comparable to the increase in the respective Cant column
inventories. However, a clear trend of higher Cant inventories at the equator is not evident in
the previous estimates.
3.4.2 Total inventory
A total Cant inventory has been calculated for the area between 8 and 36◦W and 4.5◦S and
15◦N. The size of the area is 6 · 106 km2 and a total water volume of 25 · 106 km3 is involved.
The total inventory has been determined to be 3.4 Pg of anthropogenic carbon. At depth,
where no data of Cant are available, a concentration of 5 µmol kg−1 was assumed. This is the
mean value of all samples at depths between 2700 m and 3200 m and below 4100 m, where no
direct influence of the upper LSW and the lower NADW is evident. In the year 1982 Gruber
[1998] already found anthropogenic carbon all the way to the bottom in some regions of the
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Atlantic Ocean. Between 40 and 50◦N levels at depth were >5 µmol kg−1. Further south, levels
decreased to almost zero below 2000 m, although below 4000 m a weak Cant signal associated
with Antarctic Bottom Water flowing north was visible [Wallace, 2001]. According to Waugh
et al. [2006] 50% of the Cant content is generally found in the upper 500 m and 75% in the upper
1500 m. In our estimates for the tropical Atlantic, the percentages found are lower (40% and
60%), because the entire water column is influenced by anthropogenic input and additionally
the NADW at the equator contributes to increased Cant values at depth.
 
 
Anthropogenic Carbon [mol m−2]
  36oW   30o   24o   18o   12o 
   5oS 
   0o 
   5o 
  10o 
  15oN 
 
 



























Student Version of MATLAB
Figure 11: Column inventories of the upper 1000 m for all sampled stations. On the right hand
side the Cant depth profiles for the areas from 5◦S to 5◦N and from 5 to 15◦N are shown.
By reason of the differences in water mass ages and the associated Cant concentrations and
column inventories, the study area is partitioned into two regions of same size. One spanning
4.5◦ north and south of the equator and the second one from 4.5 to 15◦N, each with an area
of 2.8 · 106 km2. The zonal extension was 11 - 36◦W for both. For these two regions the total
Cant inventory turned out to be 1.4 PgC in the northern part and 1.9 PgC in the southern
part. Gruber [1998] estimated an Atlantic Cant inventory from the equator to 10◦N of 2.3 PgC
in the year 1982. For the same area our Cant estimates gave an inventory of 3.4 PgC. Using
the estimate by Gruber [1998] and extending it to the year 2007 by assuming the same relative
Cant increase in the ocean as in the atmosphere, would result in an inventory of 3.9 Pg of
anthropogenic carbon in 2007.
4 Conclusions
The CFC-12 and SF6 measurements from four cruises presented here provide an extensive and
reliable dataset of the mean age and Cant distribution in the tropical Atlantic Ocean. The
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SF6 measurements were used to a) improve the mean age estimates of waters with CFC-12
concentrations exceeding 450 ppt and b) to constrain a value of 0.5 for the ∆ to Γ ratio, which
is required for the TTD approach.
A comparison of the CFC-12 data with CFC-11 data collected on a cruise to the tropical
Atlantic in 1999 [Touratier et al., 2005] reveals identical characteristics in the depth profiles.
The Cant estimates based on the TrOCA method from that cruise in 1999 [Touratier et al., 2005]
also show the same main features in the water column but they exceed the Cant concentrations
estimated here with the TTD method by 5 - 10 µmol kg−1 and show much more scatter. The
CFC-11 measurements in 1999 on a N-S section crossing the equator at 23◦W from Touratier
et al. [2005] were used to estimate Cant concentrations with the TTD approach. The results are
subtracted from the Cant concentrations estimated on the same section as part of the present
work and reveal an increase of 5 - 10 µmol kg−1 anthropogenic carbon in the upper 700 m for a
period of 8 years. No or only little Cant increase is observed in the AAIW, whereas the upper
LSW again shows an increased positive change.
An analysis of mean age and Cant distribution on isopycnals highlights differences between the
equatorial belt and the area north of it: a) The mean age on an isopycnal decreases towards the
south and the Guinea Dome area exhibits a pronounced local increase in mean age. b) The Cant
concentrations are increased in the equatorial region. On average, the column inventories in
the upper 1000 m are 4 molm−2 higher in the area from 5◦S to 5◦N than between 5◦ and 15◦N.
The total inventory in the equatorial belt is 35% higher. Existing estimates of Cant inventories
in the tropical Atlantic are unfortunately based on older samples (1982 [Gruber , 1998] and
1994 [Waugh et al., 2006]) and thus a direct comparison to our results is difficult. However,
by applying a linear scaling factor to the inventory estimates (based on the atmospheric Cant
increase between the different sampling years) reasonable agreement is found.
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6 Conclusions and Outlook
Mediterranean Sea:
• The negative intercept of the alkalinity-salinity regression in Mediterranean waters is a
result of strong evaporation in the basin combined with alkalinity inputs by rivers and
the Black Sea at the high salinity end of the correlation.
• Sources of alkalinity for the Mediterranean Sea are rivers and the Black Sea in roughly
equal proportion. The main sink of alkalinity appears to be sedimentation of carbonates
and to one third the exchange with the Atlantic Ocean through the Strait of Gibraltar.
• Mediterranean waters are supersaturated throughout with respect to calcite and arago-
nite. Hence, the excess alkalinity at depth can not be a result of carbonate dissolution
but of the high alkalinity signal from rivers and the Black Sea. In the intermediate and
deep water formation areas these high alkalinity waters are probably transfered to depth
whereas the surface waters are mainly affected by low alkalinity water from the Atlantic.
• The residence time of water in the Mediterranean Sea has been estimated to be 150 years.
Consequently the mean ages found in the basin are low (maximum mean age is less than
140 years) and the entire water column has been affected by anthropogenic emissions.
• The pCO2 of water subducting in the deep water formation areas is assumed to be un-
dersaturated with respect to atmospheric CO2 mixing ratios.
• The maximum Cant column inventories are about 45% higher than in the North Atlantic
deep water formation area and the total Cant inventory of 1.7 Pg makes 1.1% of the global
estimate, while the water volume represents only 0.3%. A low Revelle factor combined
with deep water formation has been hypothesized to be the reason for the high Cant
concentrations and inventories in the Mediterranean basin.
• A net export of 38 TgCyr−1 into the Atlantic Ocean has been estimated at the Strait
of Gibraltar. The net flux of anthropogenic carbon is in opposite direction into the
Mediterranean Sea and amounts to 3.5 TgCyr−1. However, more than 90% of the total
Cant have been taken up directly from the atmosphere within the basin.
Tropical Atlantic:
• Cant estimates using CFC-12 measurements and the TTD method are effectively improved
with additional SF6 measurements. Firstly, for samples exceeding CFC-12 concentrations
of 450 ppt (young waters), the SF6 measurements produce more reliable age estimates,
because in contrast to hardly changing atmospheric CFC-12 concentrations in the past
20 years, atmospheric SF6 concentrations continue to increase. And secondly, with the
help of SF6 the appropriate value for the ∆ to Γ ratio, which is required for the TTD
calculations, has been determined to be 0.5 in the upper 1500 m of the tropical Atlantic.
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• The Cant increase in the tropical Atlantic between 1999 and 2006 - 2009 is more than
10 µmol kg−1 in the mixed layer and between 5 and 10 µmol kg−1 in the water column
down to 700 m depth. Around 1000 m (Antarctic Intermediate Water and Upper Cir-
cumpolar Water) there is no discernible change in Cant. Below that depth, in the upper
Labrador Sea Water, again an increase of 0 - 5 µmol kg−1 is observed.
• The equatorial band from 5◦S to 5◦N is characterized by younger waters with increased
Cant concentrations compared to waters on the same isopycnals in the area north of 5◦N.
The column inventories of the upper 1000 m in the equatorial band are 4 molm−2 higher
(+18%) than between 5◦N and 15◦N. The total inventory is increased by 35%, which is
the result of the additional contribution of Labrador Sea Water and lower North Atlantic
Deep Water carrying increased Cant concentrations at depth.
• An upward displacement of isochrones (layers of the same age) is apparent in the Guinea
Dome and has been attributed to upwelling of older water or to decreased ventilation in
the area.
The presented work reveals that the Cant concentrations and inventories in marginal seas or
in certain other regions can vary substantially from mean global estimates. Lee et al. [2011]
also found increased Cant storage capacity in four marginal seas with overturning circulation
(including the Mediterranean Sea) compared to the global ocean. Thus, measurements in such
regions help to improve estimates for the total anthropogenic carbon that has been taken up
by the ocean since preindustrial times. Further, it is important to understand the behavior
of Cant uptake and how it changes over time in order to predict future changes in global
oceanic uptake associated with increasing atmospheric CO2 concentrations and with changes
in the biogeochemistry caused by global warming, climate change and also human-induced
perturbations (e.g. nutrient inputs, river discharge and carbonate chemistry). This information
could be provided by investigation of marginal seas with and without overturning circulation
and by combining different methods to determine Cant. The SF6 measurements are a potential
tool for age calculations of younger water masses and thus for identifying changes in water
movement and circulation in the upper ocean. However, it is necessary to improve its analysis
in order to improve the precision and the accuracy of the SF6 concentrations. Knowledge of
the carbonate system parameters in the mixed layer and their change over time, as well as the
saturation of the tracers in the surface ocean will improve the assumptions of the TTD method
and thereby the Cant estimates.
Purpose of a recent cruise to the Mediterranean Sea is the repeated sampling of the basin
complementary to the measurement made in 2001. The tracers SF6 and CFC-12 plus the car-
bonate system parameters were determined, which will allow to constrain the appropriate ∆ to
Γ ratio for the Mediterranean Sea and thus to reduce the uncertainties in the Cant estimates.
Some additional stations in the deep water formation area of the Adriatic Sea will provide data
to test the hypothesis of greatly increased surface alkalinity in this region and its transfer to
depth, as well as the CO2 undersaturation of the subducting waters. The repeated measure-
ments with a time difference of 10 years to the previous cruise allows the determination of a
decadal Cant increase in two different ways. On the one hand by using the eMLR approach
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Aadj Salinity adjusted total alkalinity
AA-II AutoAnalyzer II
AD Angola Dome
AABW Antarctic Bottom Water
AAIW Antarctic Intermediate Water
ADCP Acoustic Doppler Current Profiler





BiOS Bimodal Oscillating System
c Centi (1 · 10−2)
C Carbon
Cant Anthropogenic carbon
Cbio Change in CT due to biological production and respiration
Ccarb Change in CT due to calcium carbonate production and dissolution
CO2 Carbon dioxide





CT Total dissolved inorganic carbon (also: DIC)
C0T Preformed carbon
CTD Conductivity, temperature, depth sensor
CRM Certified Reference Material
CW Central Water
∆ ’Width’ of the TTD
∆C* A back-calculation technique to estimate Cant
DFG Deutsche Forschungsgemeinschaft
DIC Total dissolved inorganic carbon (also: CT)
EC Equatorial Current
ECD Electron Capture Detector
EIC Equatorial Intermediate Current
EMDW Eastern Mediterranean Deep Water
eMLR Extended Multiple Linear Regression
EUC Equatorial Undercurrent
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f Femto (1 · 10−15)
GC Gas chromatograph
GD Guinea Dome
GLODAP Global Ocean Data Analysis Project
GWP Global Warming Potential
Γ ’Mean age’ of the TTD
ITCZ Intertropical Convergence Zone
k Kilo (1 · 103)
K1 First dissociation constant of carbonic acid
K2 Second dissociation constant of carbonic acid
Ksp Solubility constant of calcite or aragonite
LIW Levantine Intermediate Water
LSW Labrador Sea Water
m Milli (1 · 10−3)
µ Mycro (1 · 10−6)
M51/2 Meteor cruise 51/2
M68/2 Meteor cruise 68/2
M80/1 Meteor cruise 80/1
M80/2 Meteor cruise 80/2
MAW Modified Atlantic Water
MLR Multiple Linear Regression
MOC Meridional Overturning Circulation
MOW Mediterranean Overflow Water
MSM10/1 Maria S. Merian cruise 10/1
NACW North Atlantic Central Water
NADW North Atlantic Deep Water
NBC North Brazilian Current
NBUC North Brazilian Undercurrent
NEC North Equatorial Current
NECC North Equatorial Coutercurrent
NEUC North Equatorial Undercurrent
NICC North Intermediate Counterurrent
Ω Saturation state of carbonate
p Pico (1 · 10−12)
pH Negative common logarithm of the hydrogen ion concentration (-log [H+])
pK1 Negative common logarithm of the first dissociation constant of carbonic acid
pK2 Negative common logarithm of the second dissociation constant of carbonic acid
P Peta (1 · 1015)
P Pressure
Patm Atmospheric pressure
PH2O(T, S) T and S dependent partial pressure of water vapor
pCO2 Partial pressure of carbon dioxide
PP Preformed preindustrial
ppm Parts per million
ppt Parts per trillion





SACW South Atlantic Central Water
SEC South Equatorial Current
SEUC South Equatorial Undercurrent
SF6 Sulfur hexafluoride
SICC South Intermediate Counterurrent
SIO Scripps Institution of Oceanography
SST Sea Surface Temperature
STC Subtropical Cell
Sv Severdrup (1 Sv= 1 · 106 m3 s−1)
σΘ Potential density
T Tera (1 · 1012)
T Temperature
TrOCA Tracer combining Oxygen, inorganic Carbon and total Alkalinity
TTD Transit time distribution
τ Residence time
WMDW Western Mediterranean Deep Water
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